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Zusammenfassung
Eine Hauptkomponente des atmosphärischen Aerosols sind luftgetragene Staubpartikel aus der
Sahara. Saharastaub wird häufig mit den Passatwinden über den subtopischen Atlantischen
Ozean transportiert. Dies erfolgt meist in abgehobenen Schichten, den sogenannten Saharan
Air Layers (SALs). Auf dem Weg über den Atlantik beinflussen diese Staubschichten das
Strahlungsbudget der Erde. Das geschieht einerseits durch Streuung, Absorption und Emission
von Strahlung, und andererseits durch die Interaktionen von Staubpartikeln mit Wolken auf-
grund der damit verbundenen Veränderungen von Wolkeneigenschaften. Obwohl diese Prozesse
bekannt sind, fehlt fundiertes Wissen über die Charakteristika weit-transportierter SALs. So
ist nur wenig über ihre Strahlungseffekte bekannt. Auch ihre Einflüsse auf die atmosphärische
Stabilität und die damit verbundene Wolkenbildung sind wenig quantifiziert.
In dieser Arbeit werden Lidarmessungen die während der Feldkampagne mit dem Namen
Next-generation Aircraft Remote-Sensing for Validation Studies II (NARVAL-II) im August
2016 durchgeführt wurden mit Hinblick auf diese Einflüsse analysiert. Dabei werden typische
Eigenschaften von SALs (i.e. optische Charakteristika von Aerosolen und Wasserdampfprofile)
mithilfe des flugzeuggetragenen Lidar-Systems WALES (Water vapor Lidar Experiment in
Space) in der Nähe von Barbados untersucht. Das Hauptergebnis dieser Untersuchung stellen
Beobachtungen von vergleichsweise hohen Wasserdampfkonzentrationen in SALs im Vergleich
zu den umgebenden Luftmassen dar (∼4 g kg−1). Diese erhöhten Konzentrationen können
bis in die Sahara zurückverfolgt werden. Es kann deshalb angenommen werden, dass die
beobachteten SALs schon am Ursprung ihres Transports befeuchtet wurden.
Um die Strahlungseinflüsse von Staubaerosolen und Wasserdampf in weit-transportierten
SALs zu bestimmen, werden die Lidar-Datensätze als Eingangsparameter für Strahlungstrans-
portrechnungen verwendet. Der maximale kurzwellige Strahlungseffekt von Staubpartikeln in
den beobacheten SALs liegt bei -40 W m−2 an der Erdoberfläche und bei -25 W m−2 an der
Oberkante der Atmosphäre. Auch zeigt eine Analyse von drei Fallstudien, dass der Großteil
des Einflusses auf die Erwärmungsraten durch Wasserdampf und nicht durch Staubaerosol
verursacht wird. Wenn man nur die Strahlungseigenschaften der Saharastaubpartikel in den
Berechnungen berücksichtigt, befinden sich die maximalen kurzwelligen Erwärmungsraten und
langwelligen Kühlraten mitten in den SALs an den Stellen der höchsten Partikelkonzentration
(kurzwellig: +0.5 K d−1, langwellig: -0.2 K d−1, netto: +0.3 K d−1). Bei Einbeziehung der
gemessenen Wasserdampfprofile verschieben sich die berechneten Maxima an die Oberkanten
der SALs (kurzwellig: +2.2 K d−1, langwellig: -6.0 bis -7.0 K d−1, netto: -4.0 bis -5.0 K d−1).
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Aufgrund der langwelligen Abstrahlung des Wasserdampfes nehmen die Kühlraten in den
SALs mit der Höhe zu. Dies destabilisiert die SALs und wirkt sich bestärkend auf Mischungs-
prozesse aus. Diese Erkenntnis kann zum ersten Mal direkt erklären weshalb größere Sahara-
staubpartikel (Durchmesser: >7µm) den Transport über den Atlantik überstehen und diese
nicht schon während des Transportes durch gravitationsbedingte Sedimentationsprozesse zu
Grunde fallen.
Ein weiterer Effekt ist, dass die langwellige Gegenstrahlung der SALs die Kühlrate der
marinen Grenzschicht reduziert - sie wirkt deshalb auf die Wolkenbildung unterdrückend.
Um diesen Umstand genauer zu untersuchen, werden abgeleitete makrophysikalische Wol-
keneigenschaften aus Lidarmessungen in staubbelasteten und staubfreien Messregionen mit-
einander verglichen. Um zusätzlich mögliche saisonale Unterschiede zu identifizieren, wird
auch der Lidardatensatz der Next-generation Aircraft Remote-Sensing for Validation Studies I
(NARVAL-I) im Dezember 2013 analysiert. Dieser wurde über komplett staubfreien Passat-
windregionen nahe Barbados aufgenommen. Die abgeleiteten Wolkenoberkantenverteilungen
während NARVAL-II zeigen, dass in staubbelasteten Messregionen niedrigere Wolken als in
staubfreien Messregionen vorkamen. Auch eine gewisse Saisonalität ist erkennbar. Während
sich im Sommer 2016 die meisten Wolkenoberkanten zwischen 0.5 und 1.0 km befanden,
konnten im Winter 2013 die meisten Wolkenoberkanten in Höhen zwischen 2.0 und 2.5 km
detektiert werden. Außerdem herrschten in staubbelasteten Messregionen horizontal kürzere
Wolken als in staubfreien Messregionen vor. Der abgeleitete Bedeckungsgrad beläuft sich
auf 14 % in staubbelasteten Gebieten. In den beobachteten staubfreien Gebieten sind die
Bedeckungsgrade wesentlich höher: 31 % (Sommer), 37 % (Winter).
Abstract
Saharan mineral dust particles are one of the main constituents of the atmosphere’s primary
aerosol load. They get frequently transported over the subtropical North Atlantic Ocean
in elevated layers, termed Saharan Air Layers (SALs). It is known that SALs impact the
Earth’s radiation budget by scattering, absorbing and emitting radiation as well as by modifying
cloud microphysical properties. However, profound knowledge of characteristics and radiative
properties of long-range-transported SALs as well as of impacts which they have on atmospheric
stability and the development of clouds, is missing so far.
In this thesis, airborne lidar data collected during the field campaign Next-generation
Aircraft Remote-Sensing for Validation Studies II (NARVAL-II) in August 2016 is analyzed
and used to address this issue. Typical characteristics of long-range-transported SALs (i.e.
optical properties of aerosol particles and vertical profiles of water vapor concentrations) are
investigated on the basis of measurements by the airborne lidar system WALES (Water vapor
Lidar Experiment in Space) in the vicinity of Barbados. The main finding of this investigation
is an increased amount of water vapor in the dust layers compared to the surrounding dry free
atmosphere (∼4 g kg−1). It is found that these enhanced concentrations can be retraced to
the origins of transport in the central Sahara. This finding is suggesting that the observed
SALs already got moistened in the course of dust mobilization processes.
To study the radiative impacts of both mineral dust aerosol particles and observed enhanced
water vapor concentrations inside SALs, measured lidar data sets are used as input for radiative
transfer calculations of SAL-radiative effects and atmospheric heating rates. The overall short-
wave radiative effect of mineral dust particles in SALs has maximum magnitude of -40 W m−2
at surface level and -25 W m−2 at the top of the atmosphere. An analysis based on three
case studies reveals that the observed enhanced amounts of water vapor within SALs have
a much stronger impact on heating rate calculations than mineral dust aerosol. Maximum
mineral dust short-wave heating and long-wave cooling rates are found at the center of the
SALs where dust concentrations are highest (short-wave: +0.5 K d−1, long-wave: -0.2 K d−1,
net: +0.3 K d−1). However, when considering both aerosol concentrations and measured water
vapor mixing ratios in radiative transfer calculations, the maximum heating/cooling rates shift
to the top of the dust layer (short-wave: +2.2 K d−1, long-wave: -6.0 to -7.0 K d−1, net: -4.0
to -5.0 K d−1).
As a consequence of water vapor radiative cooling, calculated net-heating rates inside
SALs decrease with height. It results in a destabilization of the dust layers and a consequent
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promotion of vertical mixing processes. This finding can for the first time explain why super-
micron particles with diameters greater than 7µm remain inside the SALs during transport
and are not removed from the layers by means of Stokes gravitational settling.
Furthermore, long-wave counter radiation of SALs is found to reduce cooling at the tops
of the subjacent marine boundary layers. Consequently, less convective mixing processes can
occur and cloud development might get suppressed. To investigate whether this is the case, a
comparison of lidar-derived cloud macrophysical properties in dust-laden and dust-free trade
wind regimes is conducted. Lidar data collected over completely dust-free subtropical regions
near Barbados during the Next-generation Aircraft Remote-Sensing for Validation Studies I
(NARVAL-I) in December 2013 is additionally analyzed to identify possible seasonal differences
of these properties (winter versus summer). The derived cloud top height distributions during
NARVAL-II indicate that shallower clouds have been present in the dust-laden trades compared
to dust-free summer trades. Additionally, a clear seasonality can be identified. While during
the summer season most cloud tops were observed in altitudes ranging from 0.5 to 1.0 km,
most cloud tops in winter season were identified between 2.0 and 2.5 km altitude. Moreover,
it is found that regions comprising elevated SALs showed a larger fraction of horizontally small
clouds compared to dust-free regions. The cloud fraction in the observed dust-laden summer
trades is 14 %. In the dust-free trades the cloud fraction is significantly higher: 31 % (summer)
and 37 % (winter).
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In the year 2019 the average temperature across the Earth’s land and ocean surfaces was
on average 0.95◦C higher than the average temperature of the 20th century (NOAA National
Centers for Environmental Information, 2020). This marks the second highest average surface
temperature in the period from 1880 to 2019 after the record-setting year 2016. Changes in
surface temperatures are closely linked to changes in radiative forcings, which govern the ratio
of incoming short-wave solar radiation to outgoing long-wave thermal radiation. Outgoing
terrestrial radiation gets absorbed in the atmosphere by aerosols, clouds and greenhouse gases
(e.g. H2O, CO2 or CH4). Any increase of the atmospheric greenhouse gas concentration
(e.g. due to increasing anthropogenic emissions) is consequently leading to a warming of the
atmosphere and higher surface temperatures. Whereas greenhouse gases mainly contribute to
the reduction of outgoing thermal radiation, atmospheric aerosols can influence both the flux
of outgoing thermal radiation and the flux of incoming solar radiation (i.e. by scattering and
absorption). Thus, they can either have a warming or a cooling effect.
Aerosol particles are ubiquitous in the troposphere and their size ranges from a few nanome-
ters to several micrometers. They can be classified as primary or secondary particles. Primary
aerosols are particles that are directly injected into the atmosphere, i.e. by wind-driven sus-
pension (e.g. sea spray, mineral dust, pollen or spores), by natural and anthropogenic biomass
burning or fossil fuel combustion (e.g. carbonaceous particles like black carbon) and via
volcanic eruptions (e.g. sulfates). Secondary aerosols are formed from the gas-to particle-
conversion of volatile organic compounds or from gaseous precursors via chemical reactions,
e.g. SO2, H2S, NOx.
Once injected into the atmosphere, aerosols can be transported over long distances. For
this reason, aerosol particles can be found almost all around the globe (Figure 1.1). Prominent
examples for long-range aerosol transport are for instance the perpetual transport of Saharan
dust across the Atlantic Ocean or the transport of volcanic particles to Europe following the
eruptions of the Icelandic Eyjafjallajökull volcano in 2010 (which led to a partial shut-down of
European air traffic). These examples illustrate that aerosols impact the Earth’s climate and
radiation budget not only at source regions, but also very far away of them.
Despite of the fact, that over the past decades climate science became one of the main
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Figure 1.1: GEOS-52/GOCART3 simulation of the global distribution of mineral dust (orange), soot
and smoke from biomass burning (green) sea spray (blue) and sulfates of volcanic or
anthropogenic origin (white). (source: NASA/Goddard Space Flight Center - https:
//svs.gsfc.nasa.gov/30017).
fields of research in atmospheric science, aerosols and their precursors still contribute the
largest uncertainty to the total radiative forcing (IPCC, 20131; Figure 1.2). While black
carbons, which are strongly absorbing aerosols, are estimated to have a positive contribution
to the total aerosol radiative forcing, other aerosol types like sulfates, nitrates or mineral dust
particles are expected to have a negative contribution. However, the uncertainty of these
estimates is large enough that up to now it is still not completely certain whether the overall
aerosol radiative forcing due to radiation interactions has a negative or positive sign (IPCC
estimate: -0.45 [-0.95 to +0.05] W m−2). In addition to that, also the radiative forcing of
cloud adjustments due to aerosols is ill quantified and shows an even larger uncertainty than
the aerosol radiative forcing itself (IPCC estimate: -0.45 [-1.2 to 0.0] W m−2).
One of the main contributors to the uncertainty in aerosol radiative forcing is mineral
dust aerosol. The IPCC estimates the mineral dust radiative forcing to be slightly negative.
However, the uncertainty of the estimation is so high that even net positive values can not
be completely excluded (-0.1 [-0.3 to +0.1] W m−2). Such large uncertainties arise from the
1 Intergovernmental Panel on Climate Change
2 NASA Goddard Earth Observing System Model-5
3 Goddard Chemistry Aerosol Radiation and Transport Model
3
Figure 1.2: Radiative forcing estimates for the period 1750-2011 based on emitted compounds
(gases, aerosols or aerosol precursors) and other changes. Diamond symbols indicate
the net individual contributions. Bars mark the respective uncertainties (5 to 95 %
confidence range). Red (positive forcing) and blue (negative forcing) colors are used
for emitted components which affect few forcing agents, whereas several colors are
used for emitted components affecting many compounds. Vertical bars indicate the
relative uncertainty of the radiative forcing induced by each component. Their length is
proportional to the thickness of the bar such that the full length would be equal to the
bar thickness for a ±50 % uncertainty. The abbreviations NVOC and ERFaci represent
non-methane volatile compounds and the effective radiative forcing due to aerosol-cloud
interactions. Adapted from IPCC (2013).
4 1. Introduction
lack of understanding regarding impacts that mineral dust aerosols have on global climate.
Attributes like their spatial distribution, their chemical composition, their shape or their ability
to modify the occurrence and lifetime of clouds have to be better understood to minimize
these uncertainties (see Section 1.2).
1.1 Mineral dust aerosol and its long-range transatlantic
transport
Mineral dust aerosols are eroded soil particles that are suspended into the atmosphere by
reason of strong surface winds and mechanical processes. They are mainly generated via
disaggregation of larger particles following saltation and creeping, particularly in arid regions
with little vegetation (e.g. Zhao et al., 2006). After being entrained into the atmosphere, the
dust particles can be transported over long distances, e.g. from Asia towards Europe (Grousset
et al., 2003) or from North Africa towards the Americas (Prospero and Carlson, 1972) and
Europe (Ansmann et al., 2003). This is why mineral dust is representing one of the main
contributors to the global aerosol loading and is estimated to contribute between 25% to 30 %
to the Earth’s total aerosol optical depth (Tegen et al., 1997; Kinne et al., 2006). Estimated
global annual dust emissions from model calculations range from 1000 to 4000 Tg a−1 (Huneeus
et al., 2011). Although emissions of sea salt exceed those emissions, mineral dust is generally
known as the main contributor to the atmospheric aerosol mass burden (Cakmur et al., 2006).
This paradox can be explained by shorter atmospheric residence times of sea salt due to more
effective removal processes (Textor et al., 2006).
An analysis of ice cores has revealed that the global dust burden has been significantly
larger in the past than in the present (Fischer et al., 2007). In future, dust emission rates will
presumably differ as well. Modifications of vegetation and soil patterns as a consequence of
climate change and land use will likely lead to different magnitudes of dust emissions. However,
up to now, it is not clear whether these changes in emission will be stronger or weaker so that
the future climate impact of aeolian mineral dust still remains unclear (Woodward et al., 2005;
Mahowald et al., 2006).
Aeolian dust particles can either be generated naturally or anthropogenically. Natural
emission is predominating on global scale. However, recent satellite observations have indicated
that anthropogenic contributions (e.g. land use and road dust) to the total global dust
emissions could be as high as 20 % to 25 % (Ginoux et al., 2012). Most of the Earth’s natural
dust sources can be found in the Northern Hemisphere inside a so-called dust-belt (Prospero,
2002) which extends from North Africa to China. It comprises several deserts, e.g. the Saharan
Desert, the Arabian Desert, the Gobi Desert or the Taklamakan Desert.
The Sahara, which extends over approximately 9 · 105 km2, is not only the planet’s greatest
desert but also its greatest dust source. From an intercomparison of a total of 15 global aerosol
models Huneeus et al. (2011) estimate nowadays dust emission of North Africa to range from
400 to 2200 Tg a−1 (which would approximately equal to 8-44 times the water volume of Lake
Constance). They also estimate that North African dust emissions contribute approximately
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50 % to the Earth’s total dust emissions. Asia and the Middle East follow with 10 % each.
Especially in the northern hemispheric summer months from June to August, strong surface
heating over North Africa is causing a pronounced thermal low pressure system, known as
the Saharan Heat Low (SHL). The SHL comes along with a deep and well-mixed planetary
boundary layer, the so-called Saharan Atmospheric Boundary Layer (SABL), which is often
observed to reach from surface up to 6 km altitude (∼ 500 hPa) (e.g. Messager et al., 2009).
Mobilization processes like low-level nocturnal jets or convective activity (Schepanski et al.,
2009) can mix Saharan dust particles into the SABL. In this way deep-reaching dust layers,
which can cover the whole vertical extent of the SABL, are formed.
Saharan mineral dust layers can be transported far away from their origin. Transportation
routes depend on the large-scale synoptic situation as well as the location of mobilization and
can lead over the Mediterranean Sea towards Central and Eastern Europe (e.g. Ansmann
et al., 2003; Papayannis et al., 2008; Wiegner et al., 2011) or over the Atlantic Ocean to
the Amazon region, the Caribbean and North America (e.g. Prospero and Carlson, 1972;
Jickells, 2005; Prospero et al., 2010). Only 15 % of the total emitted dust load is transported
north- and eastwards towards the Mediterranean and the Middle East (e.g. Shao et al., 2011).
Almost 85 % of the total emitted dust is transported south- and westwards towards the Sahel,
the Gulf of Guinea and the Atlantic Ocean.
An easterly flow, termed the African Easterly Jet (AEJ) is prevailing over North Africa
(15◦ - 20◦N) in the months from June to October and plays a major role for westward North
African dust transport as it advects dust-laden air masses from the Saharan desert towards
the Atlantic Ocean. The AEJ is a thermal wind that is generated by strong differences in
surface temperature and moisture between the dry and hot SHL and the cool and moist Gulf
of Guinea in the South. Cook (1999) showed that soil moisture gradients between the Sahara
and equatorial Africa are additionally necessary for the formation and maintenance of the
AEJ. Barotropic and baroclinic instabilities as well as atmospheric convection cause subtropical
disturbances of the AEJ, termed African Easterly Waves (AEWs). Those AEWs can modulate
Saharan dust outbreaks in a way that transatlantic dust transport can sometimes be observed
to follow wave-like patterns (Burpee, 1972; Jones et al., 2003; Knippertz and Todd, 2010).
When advected dust layers arrive at the Atlantic coast, they get undercut by cooler and
moister marine air and form elevated layers, so-called Saharan Air Layers (SALs; Prospero
and Carlson, 1972; Carlson and Prospero, 1972). Visible as giant dust outbreaks off the
West African coast, SALs can easily be detected from space (Figure 1.3). Especially in the
summer months SALs remain relatively undisturbed and can be transported over thousands of
kilometers towards the Caribbean or the Americas (Karyampudi et al., 1999). Thus, Saharan
mineral dust layers cannot be understood as a local phenomena close to their source regions.
They have an impact on the radiation budget as well as on the formation and physical properties
of clouds over large areas far away from their origin.
Saharan dust transport over the Atlantic Ocean also follows the seasonal oscillation of the
Intertropical Convergence Zone (ITCZ) and the AEJ (Tsamalis et al., 2013; Meng et al., 2017).
During northern hemispheric winter dust sources in the southern Sahara and the Sahel zone
are particularly active. During this season the ITCZ and the AEJ are in their southernmost
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Figure 1.3: Saharan dust outbreak off the West African coast as imaged by MODIS (Moderate-
resolution Imaging Spectroradiometer) aboard the Terra satellite on 2 March 2003
(source: NASA Worldview - https://worldview.earthdata.nasa.gov).
position and North African dust aerosols are primarily transported southwestwards by the
north-easterly Harmattan winds. As a consequence, the main transportation route of Saharan
dust particles from November to March leads over the Gulf of Guinea towards South America.
However, during northern hemispheric summer, the ITCZ and the AEJ move northwards and
the Sahel zone gets more vegetated. As a result, more and more dust in the northern Sahara
is mobilized and gets advected westwards with easterly trade winds. Hence, the main dust
transportation route from April to October leads over the Canary and Cape Verde islands
towards the Caribbean and North America (see Figure 1.4).
SALs are characterized by two pronounced inversions at their top and their bottom. Both
help to maintain the structure during long-range transport. While the lower inversion is
caused by the strong vertical gradients of temperature between the hot SAL-base and the
subjacent cooler marine air below (Prospero and Carlson, 1972; Dunion and Velden, 2004),
the upper inversion forms due to the predominant large-scale subtropical subsidence in the
upper troposphere (Gamo, 1996). During transatlantic transport the top of the SAL usually
decreases by 1-2 km and the SAL base increases by several hundred meters, so that the layer
thins and finally dissipates (e.g. Adams et al., 2012).
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Figure 1.4: Relative frequency of mineral dust occurrence as inferred from the CALIOP (Cloud
Aerosol LIdar with Orthogonal Polarization) Feature Mask algorithm in the months
from June to August (JJA) and the period from 2006 to 2010. The dashed red line
indicates the position of the Intertropical Convergence Zone (ITCZ). Adopted from
Adams et al. (2012).
1.2 Impacts of transported Saharan dust layers
Saharan mineral dust particles that are transported across the Atlantic Ocean can affect the
Earth’s climate system in many different ways (Figure 1.5). They interact with radiation and
impact the Earth’s energy budget, they have an effect on cloud development and the formation
of ice particles and they play an important role in the biogeochemistry of oceans and soils.
Furthermore, dust particles can affect human health. The following paragraphs discuss all of
these impacts. Particular attention is paid to the atmospheric and climatic impacts:
Human Health: Especially in regions of heavy dust pollution the inhalation of fine dust
particles is often observed to lead to certain physiological responses including respiratory,
cardiovascular and cardiopulmonary diseases or asthma (de Longueville et al., 2012). Dust
particles can additionally affect health by transporting dangerous pathogens like, bacteria,
fungus or viruses (Griffin, 2007).
Biogeochemistry: Mineral dust particles play a major role in ocean and soil biogeochemistry.
Due to their high iron and phosphorus content they provide important nutrients, e.g. for
plankton growth and the consequent production of atmospheric oxygen (e.g. Martin et al.,
1991; Jickells, 2005) or soil fertilization (e.g. Okin et al., 2008). Especially in the Amazon
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Figure 1.5: Schematic illustration of SAL-impacts on the climate system.
the growth of the rain forest. Yu et al. (2015) estimate annual Saharan dust deposition rates of
28± 20 Tg a−1 and 29± 21 kg ha−1 a−1 in the Amazon basin. In the course of heterogeneous
uptake and chemical reactions, dust particles can remove reactive gases like HNO3 or HO2 but
also SO2 from the atmosphere (e.g. Bian and Zender, 2003; Bauer and Koch, 2005). When
being deposited on snow surfaces, dust particles can also alter surface albedo and shorten the
annual snow cover duration (Painter et al., 2007). However, due to the lack of snow at low
latitudes this effect rather applies for dust transport towards Europe and the snow-covered
Alps and not for the transatlantic transport towards the Caribbean and the Amazon region.
Interaction with radiation and the modification of cloud properties: As already
pointed out in the previous chapters, mineral dust particles play immense roles for the at-
mospheric radiation budget and cloud evolution. Like any other aerosol, SAL mineral dust
particles can directly interact with radiation via scattering and absorption. On the one hand,
dust particles scatter incoming solar radiation back to space, which results in less radiation
reaching lower atmospheric levels (direct effect; e.g. Biagio et al., 2020). Thus, SALs can have
a cooling effect during daytime, which can be strong enough that even sea surface temperatures
decrease (Foltz and McPhaden, 2008). On the other hand, dust particles absorb both solar
radiation and terrestrial radiation, thus having a warming effect similar to greenhouse gases.
As a consequence, atmospheric temperature and atmospheric stratification can be modified,
which in turn impacts the evolution of clouds. However, this so-called semi-direct effect of
transported dust aerosols is still poorly understood as only a view observational studies (which
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mainly analyze data from satellites or models) have been conducted (e.g. Amiri-Farahani
et al., 2017).
In addition to the direct and semi-direct effect, SAL-particles can affect the occurrence
and development of clouds by modifying cloud microphysical properties. These effects are
termed indirect effects. SAL particles can for example act as so-called cloud condensation
nuclei (CCN) - meaning that water vapor can condense at the surface of the particles and
liquid droplets are formed (e.g. Karydis et al., 2011; Bègue et al., 2015). Sean Twomey first
discovered that clouds which develop in regions with high aerosol loading show higher cloud
droplet number concentrations (and thus higher short-wave albedo) than clouds that develop
in aerosol-free regions. The higher cloud top albedo leads to enhanced reflection of short-wave
radiation back to space and to subsequent climate cooling. Named after its discoverer, this
effect is nowadays referred to as Twomey effect (Twomey, 1974, 1977).
The ability of particles to act as a CCN, however, depends on their size and and affinity for
water uptake (hygroscopicity). Due to their chemical composition and particle size distribution,
fresh Saharan mineral dust aerosol is known to be only little hygroscopic (Kumar et al., 2011;
Walser, 2017). Despite their weak hygroscopicity, recent studies have shown that under certain
conditions mineral dust particles are indeed able to act as CCN. Pre-adsorbed multi-layers of
water on the surfaces of dust particles can trigger CCN activity (Sorjamaa and Laaksonen,
2007; Kumar et al., 2009; Laaksonen, 2015; Hatch et al., 2019). Mixing-processes with
hygroscopic material (e.g. ammonium sulfate) are another possibility how SALs can turn
into effective reservoirs of CCN (Walser, 2017). However, a study by Denjean et al. (2015)
showed that even after long-range transport to the Caribbean the hygroscopic properties of
SAL-particles do not change significantly. Only minor portions of mineral dust were mixed
with sulfate or chloride (13 % to 24 %) or aggregated with sea salt (3 % to 6 %). In spite
of everything discussed above, many recent studies reported increased number concentrations
of cloud droplets during dusty times compared to dust-free times in the Caribbean. Hence,
long-range-transported SALs must play a significant role for cloud evolution across the Atlantic
Ocean, but a lot of questions remain to be answered.
In addition to their ability of acting as CCN, SAL particles have also been identified to
play an important role for ice formation in mixed-phase and cirrus clouds (e.g. Ansmann
et al., 2008; Boose et al., 2016; Twohy et al., 2017). Water droplets are known not to freeze
instantaneously at freezing point. In a pristine atmosphere they freeze at temperatures lower
than -38◦C (homogeneous freezing; Pruppacher and Klett, 2010). Mineral dust particles,
however, can act as ice nucleating particles (INPs) and are able to trigger the formation of ice
crystals at higher temperatures (-10 to -35◦C - heterogeneous freezing; e.g. Hoose and Möhler,
2012; DeMott et al., 2015; Villanueva et al., 2020). For example, Seifert et al. (2010) have
shown that air masses that contain mineral dust comprise 25 % to 30 % more ice-containing
clouds (cloud top temperatures from -10◦C to -20◦C) than dust-free air masses.
Besides the direct and indirect effect of the dust particles, the SAL itself was observed
to have a suppressing effect on deep convection and tropical cyclone development. Dunion
and Velden (2004) used Geostationary Operational Environmental Satellite (GOES) infrared
imagery to study the structural and dynamical characteristics of the SAL and its influence on
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North Atlantic cyclone evolution. Wong and Dessler (2005) used MODIS (Moderate Resolution
Imaging Spectroradiometer) satellite data to study the effect of the SAL on deep convection.
Both studies found a suppressing effect of the SAL on deep convection and tropical cyclone
activity. Wong and Dessler (2005) suggest that the convection barrier increases with SAL op-
tical depth, especially over the eastern North Atlantic Ocean. They argue that the warmer air
associated with the SAL raises the lifting condensation level as well as the level of free convec-
tion and therefore increases the energetic barrier to convection. However, vertically resolved
observations of suppressed marine cloudiness below long-range-transported layers of Saharan
dust over the Atlantic Ocean are missing so far and the external forcing of dust on the devel-
opment of clouds introduces one of the greatest uncertainties to nowadays climate predictions.
Over the past century many field campaigns contributed to a better understanding of long-
range-transported SALs over the subtropical North Atlantic Ocean. For example BOMEX1 and
GATE2 - the first two major field studies that concentrated on long-range-transported Saharan
mineral dust - have already been conducted in the summers of 1969 and 1974 and provided
first measurements of mineral dust concentrations and the spatial distribution of mineral dust
over the Central and North Atlantic Ocean (Prospero and Carlson, 1972; Polavarapu and
Austin, 1979). The most extensive measurement series in the last decades has probably been
performed within the SAMUM3 campaigns in 2006 and 2008 (Heintzenberg, 2009; Ansmann
et al., 2011) and the SALTRACE4 mission in 2013 (Weinzierl et al., 2017). Within this series
of closure experiments, which included airborne and ground-based in situ and remote sensing
measurements as well as modeling efforts, microphysical, optical and chemical properties of
the SAL were investigated at the beginning of its long-range transport near the source regions
(Morocco and Cape Verde) as well as after its transatlantic transport in the vicinity of Barbados
(Groß et al., 2015; Haarig et al., 2018; Toledano et al., 2019).
In situ measurements of long-range-transported Saharan dust during SALTRACE did not
indicate significant changes of dust optical and microphysical properties compared to dust near
source regions (Groß et al., 2015). Moreover, it was found that after long-range transport
SALs contain larger particles than expected from Stokes gravitational settling theory (> 7µm;
Weinzierl et al., 2017). Gasteiger et al. (2017) suggested that vertical mixing processes within
the SALs may counteract Stokes gravitational settling during transport and facilitate an almost
undisturbed transport across the Atlantic Ocean. They assumed that radiative effects may
be the main driver for SAL mixing. However, previous studies with focus on Saharan dust
radiative effects rather concentrated on source regions and areas at the origin of dust transport
(Kanitz et al., 2013; Li et al., 2004; Mallet et al., 2009; Zhu et al., 2007). As a consequence,
1 Barbados Oceanographic and Meteorological Experiment
2 GARP (Global Atmospheric Research Program) Atlantic Tropical Experiment
3 Saharan Mineral Dust Experiments, Morocco and Cape Verde
4 Saharan Aerosol Long-range Transport and Aerosol-Cloud-Interaction Experiment
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profound understanding on radiative transfer in long-range-transported SALs is missing so far
and radiatively driven mixing processes in the interior of the SAL are not yet understood.
In general, model simulations suggest that after long-range transport radiative transfer
calculations are very sensitive to the water vapor profile (Wong et al., 2009). Especially in long-
range-transported SAL regimes a correct parametrization of the water vapor profile in radiative
transfer models would therefore be of high importance, since SALs were found to take up
moisture over the Saharan desert (Marsham et al., 2008) which often gets further transported
across the Atlantic Ocean (Jung et al., 2013). However, studies focusing on radiative heating
rate calculations, which employ simultaneous measurements of water vapor and aerosol profiles,
have not yet been performed. Prior studies lack water vapor measurements and had to take
its vertical distribution from model simulations or standard atmospheric profiles.
This thesis focuses on data collected in the framework of the NARVAL-II1 research cam-
paign near the Caribbean island of Barbados in August 2016 (see Section 2.3). During
NARVAL-II airborne remote sensing measurements over long-range-transported SALs were
carried out. The remote sensing payload allowed for simultaneous measurements of aerosol
optical properties and water vapor. Therefore, it enables a detailed investigation of SAL
properties and of the role that water vapor potentially plays on radiation, particle mixing,
atmospheric stability and the evolution of clouds.
1.3 Lidar for the investigation of transported
Saharan mineral dust
The previous section highlighted the need for a better understanding of the radiative impacts
of long-range-transported SALs on cloud development and particle mixing. Lidar (light detec-
tion and ranging) systems represent one of the most suitable systems to close these gaps in
knowledge. They facilitate measurements of both dust and cloud properties and enable the
observation of their spatial distribution. The main advantage of lidar is the possibility of mea-
surements with high spatial resolution in the vertical, which enables simultaneous observations
of SALs and clouds in one single vertical lidar profile.
In contrast to passive techniques for cloud and aerosol remote sensing (e.g. sun photome-
ters or imagers), lidar technique provides direct measurements of aerosol optical properties.
With passive remote sensing techniques it is not possible to measure aerosol optical properties
directly, but retrievals from measured quantities with certain assumptions have to be applied.
Especially, advanced lidar techniques like High Spectral Resolution Lidar (HSRL) or Raman
lidar facilitate direct measurements of particle extinction coefficients (αp) and aerosol optical
depth (τ) without the need for any assumptions (see Chapter 2). Polarization-sensitive lidar
systems additionally provide measurements of the linear particle depolarization ratio, δp - a
key quantity for the differentiation of different aerosol species along the lidar beam (Burton
et al., 2012; Groß et al., 2013).
1 Next-generation Aircraft Remote sensing for VALidation studies-II (Stevens et al., 2019)
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The installation of lidar instruments on moving platforms, like satellites, ships or aircraft,
enables additional spatial coverage and allows measurements at remote locations all around
the globe. Spaceborne lidar systems, like CALIOP (Cloud Aerosol LIdar with Orthogonal
Polarization; Winker et al., 2010), follow a fixed orbit and are thus limited in spatial flexibility.
This drawback can be avoided by mounting lidar instruments on aircraft which are capable
of flying long ranges and which have great ceiling altitudes. In this way, highly resolved
measurements over large areas and remote locations around the globe can be conducted in
the course of just one single research flight. This is why airborne lidar instruments are valuable
tools for the investigation of clouds and long-range-transported Saharan dust layers over the
western subtropical North Atlantic Ocean.
1.4 Thesis objective and outline
The objective of this work is to characterize long-range-transported SALs with regard to
their optical and meteorological characteristics as well as their radiative effects. Therefore,
airborne lidar measurements over long-range-transported SALs are investigated with the aim
to characterize their properties and to quantify their impacts on atmospheric heating and the
radiation budget at surface level and top of the atmosphere. Measurements of the polarization-
sensitive airborne lidar system WALES (from WAter vapor Lidar Experiment in Space; Wirth
et al., 2009) during the NARVAL-II field campaign (Stevens et al., 2019) in the Caribbean
are analyzed and used for radiative transfer calculations with the software package libRadtran
(library for Radiative transfer; Mayer and Kylling, 2005; Emde et al., 2016).
Using this approach, this work aims at answering the following research questions:
(R1) What are typical optical and meteorological characteristics of long-range-
transported SALs?
(R2) What are the radiative effects of long-range-transported SALs?
The posed questions raise further reaching research questions, which shall also be addressed
and discussed in this work:
(R3) How can SAL-radiative properties impact atmospheric stability?
(R4) Do SALs have an effect on shallow marine cloud occurrence and cloud
macrophysical properties (i.e. cloud top heights, cloud lengths and cloud
gap lengths)?
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The lidar technique, its physical background and different types of atmospheric lidar systems
are described in Section 2.1 The airborne lidar system WALES, which combines many of the
described techniques is introduced in Section 2.2. In Section 2.3 the aims and goals as well as
an overview of all conducted research flights and the aircraft setup during the NARVAL-II field
campaign are presented. The lidar-based setup of the conducted radiative transfer calculations
and a description of the used radiative transfer model are introduced in Section 2.4.
Chapter 3 starts with an analysis of the characteristics of observed SALs (Section 3.1.1 &
Section 3.1.2) and discusses their optical and meteorological properties by means of a detailed
analysis of dropsondes and lidar measurements during RF6 (Section 3.1.3). The chapter con-
tinues with results of radiative transfer calculations that were conducted for three representative
case studies during NARVAL-II in Section 3.2. Results from radiative heating calculations of
long-range-transported SALs are presented (Section 3.2.2) and the dust-radiative effects of
transported SALs are quantified (Section 3.2.3).
Chapter 4 discusses the impacts of SAL radiative properties on SAL-stratification, the MBL
and the evolution of convection (Section 4.1.1 & Section 4.1.2). Furthermore, differences
of cloud macrophysical properties between dust-laden and dust-free trade wind regimes are
analyzed and discussed in Section 4.2.
The thesis concludes with a roundup of the results and an identification of open research
questions which should be addressed in future studies in Chapter 5.
1.5 Data sources and software routines
The heart of this work is data collected by the airborne lidar system WALES in the framework
of the NARVAL-II field campaign. During NARVAL-II WALES was operated by Martin Wirth,
Silke Groß, Axel Amediek and Andreas Fix. Initial data processing and a data quality analysis
was performed by Martin Wirth. Backward trajectory calculations were performed using the
freely available Hybrid Single Particle Lagrangian Integrated Trajectory Model (HYSPLIT;
Stein et al., 2015) software package with National Centers for Environmental Prediction Global
Data Assimilation System (NCEP GDAS) input data. Dakar radiosonde data were obtained
from the freely accessible repository of the University of Wyoming (https://www.uwyo.edu/
atsc/). Radiative transfer calculations have been performed utilizing the libRadtran software
package (Mayer and Kylling, 2005; Emde et al., 2016) and the OPAC (Optical Properties





This chapter starts with a description of the lidar technique and its physical background
(Section 2.1). Moreover, different types of atmospheric lidar systems are presented. The
airborne lidar system WALES combines many of the described techniques in one synergistic
setup and is introduced in Section 2.2. The results of this work are based on airborne WALES
lidar measurements during the NARVAL-II research campaign series over the subtropical North
Atlantic Ocean. In Section 2.3 aims and goals as well as all research flights and the aircraft
setup during NARVAL-II are introduced to the reader. Data sets obtained during this campaign
are used for radiative transfer calculations. The lidar-based setup of those calculations and a
description of the used radiative transfer model are presented in Section 2.4.
2.1 Lidar in atmospheric sciences
The very first approaches to use the lidar (light detection and ranging) principle for measure-
ments in atmospheric sciences dates back to the 1930s, several decades before the invention
of lasers (Synge, 1930; Tuve et al., 1935; Hulburt, 1937; Johnson et al., 1939). Back then
and until the 1960s it was tried to derive air densities, aerosol optical properties and cloud
base heights by analyzing scattered light from search light beams at scanning distant receivers
(Elterman, 1951, 1966). Thirty years later, first laser systems - mankind’s first coherent light
sources (Maiman, 1960) - have been developed. Especially after the invention of the Q-
switched or giant-pulse laser (McClung and Hellwarth, 1962), lidar technique in atmospheric
science aroused great interest. Various atmospheric lidar systems have been engineered, e.g.
for measuring trace gas concentrations, wind speeds and directions as well as for determining
meteorological parameters like temperature or air density. Moreover, lidar systems became
mobile instruments and depending on the research question they were mounted onto different
platforms (e.g. ships, satellites, aircraft, balloons).
This is why nowadays atmospheric lidar systems are used for a broad range of applications.
Ceilometer networks, for example, provide information on measured cloud base heights around
the globe and help to improve operational weather forecasts. Spaceborne lidar systems like
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ALADIN1, MERLIN2, ATLID3 or CALIOP facilitate or will facilitate measurements of the global
distribution of wind fields, clouds, aerosols and methane and help to understand the Earth’s
climate system. Airborne lidar systems are employed to determine boundary layer heights or
the dispersion of exhaust-gas plumes to better understand effects of anthropogenic pollution.
And finally, as a last example, lidar is used in aviation meteorology to detect wake vortices or
turbulence and helps to make air travel safer.
2.1.1 Lidar setup and lidar equation
Since lidar is an active remote-sensing technique, a basic lidar setup consists of a transmitter
and a receiver (see Figure 2.1). The main part of the transmitter is a laser system which
emits short light pulses with power P0 into the atmosphere. A frequently used type of laser
for atmospheric applications is the Nd:YAG (Neodymium-doped Yttrium Aluminum Garnet;
Nd : Y3Al5O12) laser. It emits monochromatic light at 1064 nm. Depending on the research
question the light can be frequency-doubled (532 nm) or -tripled (355 nm) using second or
third harmonic generators, but also tuned to specific wavelengths using non-linear crystals.
The emitted laser beam has a certain divergence θt. Compared to other active remote
sensing techniques like radar (radio detection and ranging) or sodar (sound detecting and
ranging) where characteristic beam divergences are in the order of several degrees, θt of a
typical atmospheric lidar is relatively small and just amounts to several µrad. Due to θt, P0 of
the emitted laser pulse gets evenly distributed onto a segment of a sphere and the intensity It
at a certain distance r from the laser can be described as,
It =
P0




The emitted laser pulse has a certain length τL and therefore illuminates a volume,






where c is the speed of light. Parts of the received power in the illuminated volume are
scattered by molecules and aerosol particles in the form of a new spherical wave towards all
directions. Its power PV can be described as,
PV = β′ V It = β′
c τL
2 P0. (2.3)
Here β′ is the volume scattering cross section of the illuminated volume. The part of the
light which is scattered in backward direction (180◦) is collected by a telescope at the lidar
instrument. At the telescope the received light shows an intensity of,
1 Atmospheric LAser Doppler INstrument (Schillinger et al., 2003)
2 MEthane Remote sensing LIdar missioN (Ehret et al., 2017)
3 ATmospheric LIDar (Illingworth et al., 2015)






Figure 2.1: Schematic setup of a basic lidar system. Laser pulses are emitted into the atmosphere
where they get scattered and absorbed by molecules and particles. Backscattered pho-
tons are collected by the telescope, detected by an optical analyzer (OA) and logged by
a data acquisition computer (DAC).
Ir =
PV
4π r2 . (2.4)
Thus, the telescope with area A receives the power,
Ptel = Ir A =
PV A
4π r2 =
β′ cτL2 P0 A
4π r2 . (2.5)
From the time-difference between the emission of the laser pulse (t0) and the detection of
the backscattered light (t) at the telescope the distance r to the scattering objects can be
determined,
r = c (t− t0)2 . (2.6)
A time-difference of 10µs, for example, corresponds to a distance of 1.5 km from the lidar
system.
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The received optical power is in a next step converted to electrical power by an optical
analyzer (OA) and stored by a data acquisition computer (DAC). Since only very small fractions
of the emitted photons are scattered in backward direction, the OA usually contains avalanche
photo diodes (APDs) or photo-multipliers (PMs) for signal-amplification and the conversion of
optical signals to electrical signals. The DAC stores the number of photon-counts per preset
time interval ∆tr after the emission of the laser pulse. Thus, the range resolution ∆R of the
lidar system, depends on the length of ∆tr and is given as,
∆R = c∆tr2 . (2.7)
For instance, a chosen time interval of 100 ns results in a range resolution of 15 m (for
τL < ∆R). The performance of the system for the power conversion is summarized by a
so-called systems constant C. Using the volume backscatter coefficient for isotropic scatter-
ing processes β = β′/4π yields,
Pr = C Ptel = C P0 A
1
r2
β(r) c τL2 . (2.8)
The additional consideration of the attenuation to and from the scattering volume (Lambert-
Beer Law) forms the so-called lidar equation,
Pr = P0 A C
1
r2





It relates the received power at the lidar instrument to the optical atmospheric processes and
system parameters.
Both particles and molecules contribute to the extinction and backscatter coefficient α
and β,
α = αm + αp; β = βm + βp, (2.10)
where αm and βm denote molecular extinction and backscatter coefficients and αp and βp
specify particle extinction and backscatter coefficients. Thus, Equation 2.9 comprises four
unknown variables, i.e. βp, βm, αp and αm, which need to be determined to solve it. αm can
be calculated from atmospheric pressure and temperature profiles (e.g. radiosonde data) and




∫ 4π Pm(θ) dΩ
Pm(θ)θ=π
= 83π sr = Sm. (2.11)
Here, Sm is the so-called molecular lidar ratio, θ the scattering angle and Ω the solid angle.
The application of this relation still leaves two unknown variables in equation Equation 2.9.
Relating βp and αp to each other by introducing a lidar ratio for atmospheric particles Sp
would reduce the number of unknowns to one and the equation could in principle be solved
(Klett, 1981). However, other than for βm and αm, there is no general relation between βp
and αp, as both variables are very sensitive to the shapes and the refractive indices of the
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scattering particles. This is why for simple backscatter lidar systems Sp has to be assumed
and is commonly taken from aerosol/cloud-databases or in situ measurements. Moreover, Sp is
only constant for a single particle type (e.g. ice crystals or mineral dust aerosol). Considering
the vast variety of particle species in the atmosphere, the assumption of Sp is a major error
source for the retrieval of αp and a huge disadvantage of simple backscatter lidar systems.
Methods that measure βp and αp independently from each other overcome this problem
and reduce the uncertainties in the retrieval of αp. As of today two methods are frequently
used in atmospheric science, i.e. the Raman lidar technique and the High Spectral Resolution
Lidar technique (HSRL) which is discussed in Section 2.1.2. Raman lidar systems make use
of inelastic molecular scattering (also called Raman scattering; Raman and Krishnan, 1928)
to determine atmospheric extinction, trace gas concentrations or atmospheric temperatures.
Due to the fact that inelastic backscattered lidar signals are affected by particle extinction
but not by particle backscatter, αp can be determined without making assumptions on Sp.
However, the retrieval of αp using Raman lidar measurements is limited mostly to the nighttime,
since signals from Raman scattering are by at least two magnitudes smaller than signals from
elastic scattering and solar noise cannot be suppressed using bandwidth-filters. Additionally,
long integration times of a few hours are needed to improve the signal-to-noise-ratio. As
a consequence, Raman lidar is inappropriate for applications on fast moving platforms (e.g.
aircraft or satellites). This is why in this study the HSRL method is used for the direct
determination of αp.
2.1.2 High Spectral Resolution Lidar
The High Spectral Resolution Lidar (HSRL) technique utilizes the different scattering proper-
ties of molecules and particles in the atmosphere to determine αp. Lidar return signals usually
show Doppler frequency shifts that are caused by photons which are scattered from moving
molecules and aerosols. Whereas the velocity of particles in the atmosphere is defined by
wind and turbulence and takes typical values around 10 m s−1, molecular velocity is defined
by random thermal motion and can be as high as 300 m s−1. As a reason, the frequency shift
caused by scattering aerosols (FWHM ≈ 0.1 GHz, Mie scattering) is very small compared to
the shift caused by molecules (FWHM ≈ 1.5 GHz). This is highlighted in the distribution of
the lidar return signal shown in Figure 2.2 (a), which is characterized by broad wings that are
caused by scattering from molecules (due to the strong Doppler broadening) and a spike near
the emitted laser-frequency that is caused by particle-scattering. HSRL technique exploits
these different scattering characteristics and utilizes narrow-bandwidth filters (usually atomic
or molecular notch filters; Groß et al., 2012) of approximately 1 GHz width to distinguish be-
tween them (Figure 2.2 (b)). Therefore, the backscattered signal is split up into two channels
using a beamsplitter in front of the detection devices. The first channel detects the total
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Figure 2.2: (a) Idealized illustration showing the frequency offset (∆ν) of the emitted laser-
wavelength in a lidar return signal from a mixture of aerosols and molecules. (b)
Filtered molecular signal after the application of a narrow-bandwidth filter.
In the second channel the narrow-bandwidth filter is mounted in front of the receiving optics
and only photons which were scattered from molecules can reach the detector. Due to these







′) dr′ , [α = αm + αp]. (2.13)
can easily be solved for αp. Here, the instrument parameter Cm accounts for both the systems
characteristics and the fact that parts of the molecular signal also get rejected by the filter.
Since the transmission-term exp[−2
∫ r
0 α(r′) dr′] is the same for both HSRL-channels, βtot




= βp + βm
βm
. (2.14)
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Figure 2.3: Illustration of range-corrected signals as measured by a downward-looking HSRL (blue:
total backscatterd signal including scattering from molecules, from a cirrus cloud in
10 km altitude and from aerosol particles in the planetary boundary layer below 4 km al-
titude; red: measured backscattered signal after the removal of the part caused by cloud
and aerosol particles using a narrow-bandwidth filter; black, dashed: calculated molec-
ular backscatter signal for a pure atmosphere without any cloud or aerosol particles).
Adapted from Groß et al. (2012).
Figure 2.3 illustrates how an exemplary signal of a two-channel HSRL-setup would look like.
HSRL-systems are complex systems and are difficult to engineer. However, they provide a much
stronger molecular signal than Raman lidar systems. As solar noise can easily be blocked by the
application of narrow-bandwidth filters, HSRL systems can be operated during both nighttime
and daytime with short integration times. This feature makes HSRL a suitable system for
airborne and spaceborne research.
2.1.3 Differential Absorption Lidar
Atmospheric lidar systems can not only be used for the investigation of aerosols and clouds,
but can also be utilized to determine atmospheric trace gas concentrations (e.g. H2O, SO2,
NO, NO2, O3, CH4, CO2, etc.). Raman lidar systems, for example, analyze the backscattered















Figure 2.4: (a) Concept of a Differential Absorption Lidar system. The transmitter emits both online
and offline lidar pulses with powers P0[on], P0[off ] and wavelengths λon, λoff into the
atmosphere. From the differences in received powers, which are caused by the differing
absorption properties of λon and λoff in the atmosphere (see (b), where σabs indicates
the absorption cross section of the desired trace gas), the number concentration of the
trace gases can be derived.
However, due to the small Raman cross sections, the technique is limited to the investigation
of trace gases with high atmospheric concentrations, e.g. H2O. Small ratios of signal-to-noise
have to be compensated by the application of big telescopes and long integration times, hence
prohibiting the use of Raman lidar systems on aircraft.
In this work another technique for measurements of atmospheric water vapor is used:
the so-called DIfferential Absorption Lidar (DIAL) technique. DIAL systems can be used to
detect trace gases along the lidar beam with short integration times (a few seconds) and high
sensitivity. They are based on different molecular absorption properties of the desired gas at
two wavelengths, i.e. an online wavelength λon, where the absorption cross section σabs of the
gas is large, and an offline wavelength λoff where σabs is relatively small (see Figure 2.4). Both
wavelengths have to be very near to each other, as absorption of other gas-species should be
the same at both wavelengths. In an ideal scenario the difference in the atmospheric extinction
coefficients at both wavelengths can then be related to the difference in σabs (which is well
known from laboratory measurements),
∆α = n∆σabs, (2.15)
with n being the number density of the trace gas. The lidar equations for both wavelengths
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are,



















with σabs(λon, r) and σabs(λoff , r) being the molecular absorption cross sections for the online
and the offline wavelength. Assuming that the atmospheric backscatter coefficients (βon(r),
βoff (r)) and scattering cross sections (σscat(λon, r), σscat(λoff , r)) are identical for both wave-














n[σabs(λon, r′)− σabs(λoff , r′)]dr′. (2.17)
Differentiation yields the so-called DIAL-equation,









which allows to directly determine the number concentration of the trace gas from the ratio of
the online and offline signal. Equation 2.18 does not contain any instrument constants. This
makes DIAL a self-calibrating measurement technique. Remaining uncertainties arise from the
facts that in reality β and σscat are not completely the same for both wavelengths and that
there may be interfering gases in addition to the gas of interest.
2.1.4 Depolarization Lidar
The third lidar technique used in this work is the depolarization lidar technique. It exploits
the polarization-characteristic of light as an electromagnetic wave. At any time the electro-
magnetic field of an electromagnetic wave oscillates along the electric and the magnetic field
vectors which have a specific orientation in space. Polarization describes the orientation of
these oscillations. Light is called linearly polarized, if the planes of oscillations for both vectors
does not change with time. However, light can also be of circular polarization if the vectors
rotate with constant rate as the wave travels.
When polarized light gets scattered by atmospheric particles its degree of polarization can
change (depolarization). Whereas scattering at spherical particles of homogeneous content
does not change the polarization of the wave (Lorentz-Mie theory), scattering at aspherical
particles or particles of inhomogeneous content may introduce a depolarized component to
the scattered wave. The strength of the depolarization does not only depend on the shape
and content of the scattering particle but also on its relative size compared to the wavelength






For x̃ > (50-100) (e.g. λ = 532 nm and r > 4.2-8.5 µm) depolarization can be retraced using
ray-tracing methods in the domain of geometric optics of the particles. It has been shown
that reflections and refractions inside the scattering particles together with their degree of
complexity determine the orientation of the plane of oscillation in the backscattered light (Liou
and Lahore, 1974). Other techniques like the T-Matrix method, the finite domain method or
the discrete dipole approximation have to be applied to investigate depolarizing effects from
inhomgeneous particles with radii comparable to λ (x̃ ≈ 2π). Large variations of scattering
parameters with changing sphere size have been found by employing such techniques (Sassen,
2005).
Principle
A depolarization lidar system utilizes polarization optics to quantify the degree of depolariza-
tion introduced by the above mentioned processes at scattering particles. The system emits
linearly polarized light into the atmosphere and analyzes the backscattered light in terms of
its polarization to measure the volume linear depolarization ratio δv and the particle linear
depolarization ratio δp.
δv is defined as the ratio of the total cross-polarized to the total parallel-polarized backscat-







δp is defined as the ratio of the parallel- and cross-polarized backscatter coefficient due to par-






To determine δv and δp, the received backscattered power (P ) is separated into P‖ and P⊥
using a polarizing beamsplitter cube (PBSC; Figure 2.5). The lidar equation can then be split
up:













Here C‖ and α‖ mark the parallel polarized components and C⊥ and α⊥ the cross polarized
components of the system parameter and the extinction coefficient. The power components
that are parallel (p) and perpendicular (s) to the incident plane of the PBSC are,
Ps(ϕ) = P‖ sin2(ϕ) + P⊥ cos2(ϕ),
Pp(ϕ) = P‖ cos2(ϕ) + P⊥ sin2(ϕ),
(2.23)
with ϕ being the angle between the plane of the PBSC and the plane of polarization of
the laser beam. The PBSC transmits and reflects the two components according to its own
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transmittances (Tp, Ts) and reflectances (Rp, Rs). In the subsequent channels the signals get
amplified and recorded. The reflected power component (PR) and the transmitted power
component (PT ) can then be described as follows,
PR(ϕ) = Pp(ϕ) Rp VR + Ps(ϕ) Rs VR,
PT (ϕ) = Pp(ϕ) Tp VT + Ps(ϕ) Ts VT ,
(2.24)
where VT and VR include the receiver’s optical loss and electronic amplification. Introducing
the relative amplification factor V? = VR/VT as well as the signal ratio δ? = PR(ϕ)/PT (ϕ)
and using δv together with Equation 2.23 and Equation 2.24 yields,
δ?(ϕ) = V?
[1 + δv tan2(ϕ)]Rp + [tan2(ϕ) + δv]Rs
[1 + δv tan2(ϕ)]Tp + [tan2(ϕ) + δv]Ts
. (2.25)
Here, V? has to be determined via calibration measurements (see Section 2.1.4). Once V? is









As the received parallel-polarized signal is much stronger than the cross-polarized signal and
due to the fact that for commercial PBSCs Rs is usually much closer to 1 than Ts, it is







δv can then be determined with high accuracy using δ? and V? from calibration measurements
together with Equation 2.20 and Equation 2.23,
δv =











= (1 + δm) δv R− (1 + δv) δm(1 + δm)R− (1 + δv)
. (2.29)
Here, δm is the volume linear depolarization ratio of air molecules, which can be calculated
with high accuracy (Behrendt and Nakamura, 2002).
Calibration
To calibrate the depolarization retrieval, V? has to be determined via calibration measurements.
For ϕ = 0◦, Equation 2.25 can be rewritten to,
V? =
[Tp + δv Ts]











Figure 2.5: Schematic overview of the signal power components in a receiving unit comprising a
PBSC. Shown are reflectivities Rp and Rs as well as transmittances Tp and Ts for
linearly polarized light parallel (p) and perpendicular (s) to the incident plane of the
PBSC. P⊥ and P‖ indicate the received perpendicular and parallel power components.
Pp and Ps are the power components that are parallel and perpendicular to the plane of
the PBSC. PR and PT represent the measured powers in the reflected and transmitted
path. VR and VT are the corresponding amplification factors which include the optical
transmittances. ϕ marks the angle between the plane of the PBSC and the plane of
polarization of the laser beam. Reproduced after Freudenthaler et al. (2009).
Due to the fact that the linear depolarization for air molecules is well known, an aerosol-free
range gate can be used to solve Equation 2.30 and to determine V? (δm = δv). However,
already a small amount of depolarizing particles in the assumed aerosol-free range gate leads
to huge errors in calculated V?.






Here, V? is independent of δv, but only a small angular derivation from ϕ = 45◦ leads to
large errors in V?.
Freudenthaler et al. (2009) showed that errors caused by misalignments of the PBSC with
respect to the incident laser polarization plane can be minimized by making two subsequent
measurements at ϕ = −45◦ and ϕ = +45◦. The receiver optics are therefore rotated by 90◦
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δ?(+45◦) · δ?(+45◦). (2.32)
2.2 The airborne lidar system WALES
The WALES lidar instrument is an airborne demonstrator for a planned but so far not conducted
spaceborne lidar mission which aims to measure vertically highly resolved profiles of water vapor
around the globe. The system combines all of the three described lidar techniques discussed
in Section 2.1, i.e. the DIAL, the depolarization lidar and the HSRL technique.
2.2.1 System design
WALES is capable of simultaneous measurements of both aerosol optical properties and wa-
ter vapor distributions from aircraft to ground level. The DIAL module is designed as a
four-wavelength/three-absorption line measurement scheme which guarantees highly sensitive
measurements of water vapor in the 935 nm absorption band at all tropospheric and lower-
stratospheric levels. The HSRL-module operates at 532 nm and ensures direct measurements
of particle extinction along the lidar beam. In the following the transmitter and receiver setups
are described. A schematic illustration of the setups is shown in Figure 2.6 and a detailed
description of the whole system can be found in Esselborn et al. (2008) and Wirth et al.
(2009). A list of the most important performace parameters can be found in Table 2.1.
Transmitter: The WALES transmitter consists of two identical laser systems which operate
temporally interleaved. This setup allows for high pulse repetition rates of 200 Hz. The
centerpieces of both transmitters are Q-switched Nd:YAG ring-lasers in master oscillator/power
amplifier configuration with repetition rates of 100 Hz and pulse lengths of 8 ns. The master
lasers are amplified by a factor of 104, show pulse energies of 400 mJ and are integrated
to pressure-tight and temperature-tunable housings to ensure pressure and thermal stability.
For HSRL and DIAL operations parts of the emitted radiations are frequency doubled to
532 nm (200 mJ pulse energy) using a second-harmonic generator (SHG) with potassium titanyl
phosphate (KTP; KTiOPO4) acting as nonlinear material.
Parts of the frequency-doubled radiations are in a next step directed to the DIAL module of
WALES to pump injection seeded optical parametric oscillators (OPOs; Mahnke et al., 2007) in
four-mirror configurations with two KTP-crystals serving as nonlinear material. The crystals are
mounted on rotation stages for coarse wavelength setting. Additionally, each crystal is mounted
on a piezo-transducer-driven flexure stage for fine tuning and rapid switching of the phase
matching angle. This assembly enables fast switching between the four DIAL-wavelengths on
a shot-to-shot basis. Both OPOs use injection seeding for narrow-band operation. Therefore,
they are seeded by four independent distributed feedback (DFB) laser diodes with output-











































































Figure 2.6: Layout of the WALES transmitter and receiver.
strongest H2O-absorption line is transmitted through a multi-pass absorption cell filled with
80 hPa of pure water vapor. The other DFB-diodes are stabilized using a wavemeter which
is continuously re-calibrated against the first DFB-diode. For airborne HSRL-measurements
of particle extinction a long-term frequency stability of better than 1 MHz is necessary. The
532 nm-lasers are therefore frequency-stabilized to the iodine line by transmitting a part of the
radiation through an iodine cell. To guarantee the pulse repetition rate of 200 Hz the time lag
between the outgoing pulses of both lasers is in a final step set to 5 ms.
Receiver: The receiver operates in a monostatic setup and consists of a 48 cm Cassegrain
telescope mounted in near-nadir direction, an optical detection unit and the data acquisition
computer. For depolarization calibration (see Section 2.1.4) the whole detection unit can be
rotated around the optical axis of the telescope. The telescope directs incoming radiation
towards dielectric beamsplitters (DBSs) which separate the incoming wavelengths to three
different channels, i.e. the 532 nm, the 935 nm and the 1064 nm-channel. Bandwidth inter-
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ference filters of 1 nm suppress solar background. Both the 532 nm and 1064 nm-channels are
equipped with PBSCs which separate cross-polarized light from parallel-polarized light. In the
532 nm HSRL-channel half of the parallel-polarized radiation (a beamsplitter (BS) is used to
split up the light) is additionally sent through an iodine-cell to separate the molecular-part of
the signal from the total signal. At the end of all optical channels the signals are amplified and
detected using photo-multipliers (PMs; 532 nm) and avalanche photo diodes (APDs; infrared
channels).
Table 2.1: Performance parameters of the WALES system.
Transmitter Receiver
Pulse repetition per laser 100 Hz  Cassegrain telescope 0.48 m
Pump laser pulse energy at 1064 nm 400 mJ Full overlap distance 800 m
Pump laser pulse energy at 532 nm 220 mJ Detector 532 nm PM
Pulse length at 1064 nm 8.0 ns Detector 1064 nm & 935 nm APD
Pulse length at 532 nm 5.2 ns
Pulse length at 935 nm 7.5 ns
WALES system output at 1064 nm 120 mJ System parameters
WALES system output at 532 nm 45 mJ Weight 450 kg
WALES system output at 935 nm 75 mJ Power consumption 2000 W
Beam divergence 1 mrad Vertical resolution 15 m
2.2.2 Data attributes and error estimates
WALES operates in downward-looking direction with a 2-3◦ off-nadir angle. The instruments
provides highly resolved vertical profiles of atmospheric particle backscatter βp , particle linear
depolarization δp and particle extinction αp at 532 nm and 1064 nm (∆z = 15 m) as well as
water vapor mass mixing ratio rm (∆z = 150 m) from aircraft to ground level. The horizontal
resolution is a function of aircraft speed and temporal resolution of the measurements. In this
work the raw data with 0.2 s temporal resolution are averaged to 1 s (HSRL) and 16 s (DIAL)
to improve the signal-to-noise ratio. This results in horizontal resolutions of 3.2 km (DIAL)
and 0.2 km (HSRL) at a typical aircraft speed of 200 m s−1 .
Due to the high pulse repetition rate of the lasers Kiemle et al. (2008) estimated the relative
uncertainty of the DIAL measurements to be smaller than 5 %. To ensure highest data quality
of δp(532) frequent in-flight calibration procedures following the ’±45 ◦ method’ (Freudenthaler
et al., 2009) as described in Section 2.1.4 are performed. The remaining relative uncertainties
in δp(532), which are primarily caused by atmospheric variations during the calibration procedure,
are estimated to be in the range from 10 % to 16 % (Esselborn et al., 2008). For backscatter
and extinction coefficients relative uncertainties of less than 5 % (βp(532)) and 10 % to 20 %
(αp(532)) must be considered, respectively.
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Figure 2.7: Illustration of the HALO instrument setup.
2.3 NARVAL - Next-generation aircraft remote sensing
for validation studies
In this study WALES measurements conducted during the NARVAL-II mission (Next-generation
Aircraft Remote sensing for VALidation studies-II; Stevens et al., 2019) in August 2016 are
used. The campaign aimed at studying the subtropical North Atlantic atmospheric circulation
and the occurrence and formation of marine clouds during the wet summer season when annual
dust-transport over the North Atlantic Ocean peaks (Prospero and Lamb, 2003). Moreover,
studying the large scale atmospheric divergence was a main objective of NARVAL-II (Bony
and Stevens, 2019).
During the campaign the HALO (High Altitude and LOng-range) research aircraft (Kraut-
strunk and Giez, 2012) served as an airborne platform for remote sensing measurements east-
ward the island of Barbados. The aircraft has a maximum range of more than 12000 km and a
certified ceiling altitude of 15.545 km (max. altitude during NARVAL-II: ∼ 15 km). HALO was
equipped with a combination of active and passive remote sensing instruments (Figure 2.7).
Besides the lidar system WALES, a 35.2 GHz cloud radar (Mech et al., 2014; Ewald et al.,
2019), the hyper-spectral imager (specMACS; Ewald et al., 2016) and the Spectral Modu-
lar Airborne Radiation measurement System (SMART; Wendisch et al., 2001) for radiation
measurements have been operated on the aircraft. To get information on the thermodynamic
state of the atmosphere, 218 dropsondes were additionally deployed. During NARVAL-II,
10 research flights (RFs) comprising a total of 85 flight hours were conducted. During four
of those flights, flight patterns were specifically designed to lead over long-range-transported


















Table 2.2: Overview of the conducted research flights during NARVAL-II in 2016 including dates, times of take-off and landing, total
duration as well as research objectives and flight hours in SAL regions (all times given in UTC - note: Atlantic Standard
Time = UTC-4; TBPB: Grantley Adams International Airport; EDMO: Airport Oberpfaffenhofen).
Flight No. Date Take-off Landing Total Duration Research objective Dust
RF1 08 Aug 08:12 (EDMO) 18:51 (TBPB) 10:39 h Transfer flight -
RF2 10 Aug 11:52 (TBPB) 20:02 (TBPB) 08:10 h Dust/no dust flight and divergence ∼2.3 h
RF3 12 Aug 11:43 (TBPB) 19:37 (TBPB) 07:54 h Dust flight/Divergence ∼6.5 h
RF4 15 Aug 11:47 (TBPB) 19:46 (TBPB) 07:59 h Dust/no dust flight ∼2.7 h
RF5 17 Aug 14:47 (TBPB) 23:08 (TBPB) 08:21 h Satellite validation -
RF6 19 Aug 12:28 (TBPB) 20:52 (TBPB) 08:24 h Dust/no dust flight and divergence ∼4.5 h
RF7 22 Aug 13:16 (TBPB) 20:57 (TBPB) 07:41 h ITCZ/Divergence -
RF8 24 Aug 12:43 (TBPB) 20:55 (TBPB) 08:12 h Tropical storm Garcon/Divergence -
RF9 26 Aug 13:43 (TBPB) 20:54 (TBPB) 07:11 h Tropical storm Garcon -
RF10 30 Aug 09:42 (TBPB) 19:52 (EDMO) 10:10 h Transfer flight/Divergence -
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38 h of measurements (22 h of lidar measurements during dust-free times, 16 h of lidar mea-
surements with SAL present) are used in this work to investigate radiative effects of SALs
and their impact on the subjacent marine shallow marine convection during NARVAL-II. Data
sets obtained during the transfer flights from and to Germany (i.e. RF1 and RF10) are not
included in the analysis because most measurements took place outside the trades and cirrus
fields were present inside the trades. RF5 and RF7 are also excluded because cirrus fields
covered most of the research area during RF5 and the objective of RF7 was to cross the ITCZ
for several times. Table 2.2 gives a detailed overview of all performed NARVAL-II research
flights including the main research objectives.
In Section 4.2 collected lidar measurements of marine trade wind cloud macrophysical
properties inside the trades (10-20 ◦N) during NARVAL-II are compared to those collected
during NARVAL-I: the predecessor of NARVAL-II which took place in the dust-free winter
season 2013 (10 to 20 December; Klepp et al., 2014). This is why Figure 2.8 illustrates an
overview of the flight-tracks in dust-laden and dust-free regions during both NARVAL-I and
NARVAL-II.
Figure 2.8: NARVAL research flight tracks: NARVAL-II dust-flights (color coded) and NARVAL-I
and NARVAL-II dust-free flights (grey). During some research flights, aircraft routes
were planned to have circular patterns for measurements of large scale atmospheric
divergence (Bony and Stevens, 2019).
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2.4 Radiative transfer calculations
Long-range-transported layers of mineral dust modify the Earth’s radiation by scattering, ab-
sorption and emission processes.
Scattering processes can either lead to an increase or a reduction of radiation in a given





= −αscat I, (2.33)
where I is the radiance, s is the distance and αscat is the extinction due to scattering. Scat-








I(Ω′) P (Ω,Ω′) dΩ′ (2.34)
where P is the probability that a photon is scattered from direction Ω′ to Ω. Similar to





= −αabs I, (2.35)
with αabs being extinction due to absorption. Since the atmosphere is in local thermodynamic





= αabsLν(T ). (2.36)
Here Lν(T ) is the Planck function.
Combining the above equations for the effects of absorption, emission and scattering yields
































I(Ω′) P (Ω,Ω′) dΩ′ + αabsLν(T ).
(2.37)
Radiative transfer models are commonly used to solve the RTE and to quantify radiative
effects of aerosol layers or green house gases as well as to calculate atmospheric heating rates.
They solve the RTE using numerical methods, e.g. discrete ordinate or Monte Carlo methods.
The RTE is a monochromatic equation and solutions are calculated for individual spectral lines.
Thus, one has to integrate the results of individual line-by-line calculations to compute exact
radiances in a desired spectral region (e.g. the short-wave or long-wave region). Faster but
less accurate methods use spectral band parametrizations to reduce the amount of individual
line-by-line calculations.
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Figure 2.9: Schematic overview of the setup for radiative transfer calculations using libRadtran with
lidar data.
In this work, the libRadtran radiative transfer model (library for Radiative transfer; Mayer
and Kylling, 2005; Emde et al., 2016) is used. It includes the most common RTE-solvers
and spectral band parametrizations and provides a valuable toolkit for the parametrization of
the model atmosphere using lidar data. Here, WALES DIAL and HSRL data are employed to
parametrize vertical distributions of aerosol species and corresponding particle mass concentra-
tions as well as water vapor mixing ratios. Together with well-known aerosol optical properties
for mineral dust and marine aerosol, which were obtained from measurements during previous
campaigns (i.e. SAMUM-1 (Heintzenberg, 2009), SAMUM-2 (Ansmann et al., 2011) and
SALTRACE (Weinzierl et al., 2017)), as well as other modeled input parameters (e.g. ocean
albedo and ozone distribution) atmospheric heating rates and aerosol radiative effects can be
computed (Figure 2.9). This enables the investigation of impacts that elevated SALs have on
atmospheric stability and the development of convection and clouds.
Details regarding radiative transfer calculations with libRadtran and the question how lidar
data is used to parametrize the model atmosphere are discussed in the following sections.
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2.4.1 The libRadtran software-package
The libRadtran software package (Mayer and Kylling, 2005; Emde et al., 2016) contains a
suite of valuable routines for radiative transfer calculations in the Earth’s atmosphere. The
core package, which is called uvspec, enables computations of radiances and irradiances as
well as actinic fluxes and heating rates. Originally, uvspec was designed for radiative transfer
calculations in the ultraviolet and visible parts of the spectrum (this is where the name comes
from). However, over the years the package has been extended and improved and is now
capable of computations in both the solar and the terrestrial parts of the spectrum. uvspec is
divided in three main parts (Figure 2.10):
(I) a module that converts atmospheric quantities, e.g. pressure/temperature profile, trace
gas concentration, cloud and aerosol microphysical properties, to optical properties,
(II) a set of RTE-solvers to choose from which calculate the radiances and irradiances as
well as the actinic fluxes and heating rates,
(III) post processing tools to process the outputs, e.g. integration over wavelengths, calcu-
lation of brightness temperatures.
Depending on the problem at hand uvspec offers the user a set of various RTE-solvers to choose
from, e.g. the fast two-stream code to approximately calculate one-dimensional irradiances
(Kylling et al., 1995), the accurate one-dimensional discrete ordinate solver DISORT (Stamnes
et al., 1988; Buras et al., 2011) or even a Monte Carlo solver to solve the full three-dimensional
RTE (Emde and Mayer, 2007; Mayer, 2009; Emde and Mayer, 2007; Emde et al., 2010; Buras
and Mayer, 2011; Emde et al., 2011).
As WALES lidar measurements on the aircraft are of two-dimensional nature, the DIS-
ORT RTE-solver is employed for this study. It uses a predefined number of so-called streams
or directions, for which the scattering phase function is described by means of appropriate
Legendre-coefficients. Scattering at large aerosols causes lots of peaks in the phase functions.
As a reason, a large number of streams would be needed for accurate radiative transfer calcu-
lations with DISORT. However, the intensity correction method as described by Buras et al.
(2011) directly employs the scattering phase functions instead of expanding over their Leg-
endre moments. It makes DISORT calculations of large aerosols much more accurate, lowers
the number of needed streams and is therefore used in this work. It is applied with 16 streams
in the short-wave (0.12− 4.0µm) and long-wave (2.5− 100.0µm) spectra.
From 0− 10 km altitude the model grid is set to 0.1 km. At higher altitudes from 10 km
to 120 km altitude a coarser grid-spacing of several kilometers is chosen to save computa-
tional time (see Table 2.3). Sufficiently accurate correlated k-distribution absorption band
parametrizations as described in Kato et al. (1999) and Fu and Liou (1992) are employed
to avoid time-expensive spectral line-by-line calculations. Vertically resolved irradiances can
then be calculated from the integration over the irradiances in the respective bands. Hence,
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Figure 2.10: Structure of the uvspec-package. Reproduced after Mayer and Kylling (2005).
The net radiative flux Fnet at altitude z is defined as the difference of the upwelling and the
downwelling fluxes F ↑ and F ↓:
Fnet(z) = F ↑(z)− F ↓(z). (2.38)
The change of Fnet with altitude z is then used to calculate atmospheric heating rates,
δT
δt




Here cp is the specific heat capacity of air at constant pressure (humidity and temperature
dependent) and ρair(z) is the altitude dependent density of air.
Dropsonde measurements are used to parametrize atmospheric pressure and temperature
profiles in the radiative transfer model. Moreover, measured wind speeds from dropsonde
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Table 2.3: Vertical resolution of the used radiative transfer model.
Altitude [km] Resolution [km]
0.0 to 10.0 0.1
10.0 to 30.0 1.0
30.0 to 60.0 10.0
60.0 to 120.0 20.0
measurements are employed to estimate the sea surface roughness and albedo using the bidi-
rectional reflectance distribution function (BRDF; Cox and Munk, 1954a,b; Bellouin et al.,
2004). The BRDF represents the fraction of reflected radiation for all possible combinations
of incident and reflection geometry. Over the ocean the BRDF is anisotropic and is calcu-
lated as the Fresnel reflection function weighted by the wave slope probability at a given wind
speed. Reference profiles as described by Anderson et al. (1986) parametrize model trace gas
concentrations, e.g. the ozone profile. Based on MODIS-Aqua/Terra measurements, which
indicated a homogeneous sea surface temperature during NARVAL-II, surface temperature is
set to a fixed value of 302 K.
2.4.2 Aerosol optical properties from lidar measurements
Aerosol classification
WALES measurements of δp(532) can be used to detect different types of aerosols in vertical
lidar profiles. Groß et al. (2013) showed that values of δp(532) differ for various aerosol species
(Figure 2.11). They found that mineral dust and dust mixtures show high values of δp(532)
in the range from approximately 0.2 to 0.4. Biomass burning aerosol and anthropogenic
pollution were found to be moderately depolarizing (0.04 < δp(532) < 0.20) and marine aerosol
was found to be only weakly depolarizing (δp(532) < 0.04).
Marine aerosol consists of sea salt and water-soluble parts and is mainly confined to the
MBL. Due to its spherical shape at high relative humidities it is a weakly depolarizing aerosol
type in moist environments. Dry sea salt and thus stronger depolarizing marine aerosol (Mu-
rayama et al., 1999; Sakai et al., 2010) is not expected in this study, since relative humidity
in the MBL was observed to be always greater than 80 %. Saharan mineral dust shows higher
particle linear depolarization ratios due to the non-spherical particle shape (δp(532) ≈ 0.3;
Freudenthaler et al., 2009; Tesche et al., 2009b; Groß et al., 2011b). This ratio remains
unchanged after long-range transport across the North Atlantic Ocean (Groß et al., 2015).
Thus, δp(532) represents a good proxy to differentiate between mineral dust and marine aerosol
in WALES lidar profiles during NARVAL-II as other aerosol species, like volcanic ash or parti-
cles from biomass burning processes, are not expected in the measurement region. In this way,
a detection-scheme is applied to the data for the detection of three different aerosol regimes:
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1. pure mineral dust regime: δp(532) ≥ 0.26
2. pure marine aerosol regime: δp(532) ≤ 0.04
3. mixed regime: marine aerosol mixed with mineral dust 0.04 < δp(532) < 0.26
Additionally, aerosol-free regions in the lidar measurements can be determined via filtering
for regions with no evident particle backscattering (R532 < 1.2). Using this criteria an aerosol
mask which serves as libRadtran input can be generated.
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Figure 2.11: Absolute frequency distribution of lidar-derived particle linear depolarization ratios
δp(532) for different aerosol types during the field campaigns LACE1, SAMUM-1 and -2
and EUCAARI-LONGREX2. Adapted from Groß et al. (2013).
Conversion of aerosol extinction coefficients to aerosol mass concentrations
For radiative transfer calculations with libRadtran, particle mass concentrations of the differ-
ent aerosol species in the three detected aerosol regimes have to be determined. A schematic
overview of the procedure is given in Figure 2.12. Therefore, measurements of aerosol extinc-
tion coefficients from WALES are converted to aerosol mass concentrations.
According to Groß et al. (2016), conversion factors can be used to convert measured αp(532)
to mineral dust and marine aerosol concentrations per unit volume (cv(dust), cv(marine)). These
1 Lindenberg Aerosol Characterization Experiment, Germany (1998; Ansmann et al., 2002)
2 European integrated project on Aerosol Cloud Climate and Air Quality Interactions, Long-range experi-
ment (2008; Kulmala et al., 2009)
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Figure 2.12: Schematic overview of the developed libRadtran aerosol parametrization with lidar
data.
factors are taken from results of the AERONET (AErosol RObotik NETwork) inversion algo-
rithm presented by Mamouri and Ansmann (2016) and are given in Groß et al. (2016). For
long-range-transported Saharan dust a conversion factor of νdust(532) = cv(dust)/αdust(532) =
0.65 · 10−6 m is derived. Due to the similar size distribution of mineral dust and marine
aerosols, the AERONET inversion deduced a similar conversion factor of νmarine(532) =
cv(marine)/αmarine(532) = 0.66 · 10−6 m for marine aerosol. The respective aerosol mass con-
centrations cm(dust) and cm(marine) can be calculated by multiplication with the typical particle
densities of mineral dust (ρdust = 2.5 g cm−3) and marine aerosol (ρmarine = 2.2 g cm−3).
The assumption of those particle densities is based on a study by (Kaaden et al., 2009) who
showed that SAL-aerosol is a mixture of mineral dust particles together with sulfate particles.
This method allows the characterization of aerosol mass concentrations in the pure mineral
dust regime (regimes (1) and (2)). However, particle mass concentrations also have to be
derived in mixed aerosol regimes, i.e. where mineral dust aerosol settles to lower atmospheric
levels and is mixed with marine aerosol. Therefore, the contribution of mineral dust aerosol to
the total aerosol mixture has to be determined. The aerosol extinction coefficient at 532 nm
of a marine - mineral dust aerosol mixture αp(532),mix can be written as,
αp(532),mix = αp(532),dust + αp(532),marine
= (1− x) αp(532),mix + xαp(532),mix,
(2.40)
with αp(532),marine and αp(532),dust being the marine aerosol and mineral dust particle extinction
coefficient at 532 nm and x = αp(532),dust/αp(532),mix. Using the known lidar ratios of marine
and mineral dust aerosol at 532 nm (Sp(532),marine ' 18 sr and Sp(532),dust ' 47 sr; Burton
et al., 2012; Groß et al., 2013) and following the methods described in Tesche et al. (2009a)
and Groß et al. (2011a) one can calculate the fraction x of dust contributing to the total
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Figure 2.13: Contribution of mineral dust to total particle extinction αp(532) for an aerosol mixture
containing mineral dust and marine aerosol. The solid line marks the mean of the
retrieval. The dashed line mark the uncertainties of the input parameters as derived
by Groß et al. (2013).








Finally, Eq. (Equation 2.41), νdust(532) and νmarine(532) as well as ρdust and ρmarine are used
to calculate mineral dust and marine aerosol particle mass concentrations in mixed aerosol
regimes.
2.4.3 OPAC aerosol microphysical properties
In a last step, the calculated aerosol mass concentrations are related to typical aerosol opti-
cal properties that are needed for radiative transfer calculations, i.e. phase function P (Θ)
and single scattering albedo ω0. Those properties are commonly modeled using size distribu-
tions and spectral refractive indices of the desired aerosol species. Model-assumptions always
represent some source of uncertainty. For example, Yi et al. (2011) showed that different
representations of particle shapes result in a change of P (Θ) and can cause up to 30 %
difference in the dust radiative forcing at top of the atmosphere (TOA). To minimize errors
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resulting from wavelength-interpolations Hess et al. (1998) established the readily available
spectrally resolved OPAC database (Optical properties of Aerosols and Clouds) which includes
modeled information on the above mentioned aerosol optical properties for 61 wavelengths
in the spectral range from 0.25− 40µm for various aerosol species. OPAC is a widely used
data base in aerosol models and retrievals (e.g. Kim et al., 2004; Liu et al., 2004; Patadia
et al., 2009) as well as general circulation and climate models for calculations in both the
short-wave and long-wave spectra. Thus, it is an appropriate tool to link lidar derived aerosol
mass concentrations to aerosol optical properties in the classified aerosol regimes.
OPAC sea salt and water-soluble particle microphysical properties are modeled under the
assumption of spherical particles using Mie-theory (Mie, 1908). The assumption of spherical
particles is legitimate for radiative transfer simulations in the period of NARVAL-II since no dry
and aspherical marine aerosol particles are expected at observed relative humidities of greater
80 % inside the derived marine aerosol regimes (Murayama et al., 1999; Sakai et al., 2010).
Thus, a humidity dependent marine aerosol composition which refers to WALES measurements
of water vapor mixing ratios together with dropsonde-derived temperature profiles is used in
this study (see Table 2.4).
Mineral dust particles however, are characterized by highly irregular shapes (Falkovich
et al., 2001; Kandler et al., 2011). Hence, an assumption of spherical mineral dust parti-
cles in radiative transfer models using Mie-theory is inappropriate and may lead to wrong
results. Especially if particles are larger than the transmitted wavelength (which is the case
for most backscatter lidar systems) phase functions of aspherical particles are characterized
by an increased amount of sideward but a reduced amount of backward scattering compared
to spherical particles (Koepke and Hess, 1988; Gobbi et al., 2002; Nousiainen, 2009; Wiegner
et al., 2009; Gasteiger et al., 2011; Sakai et al., 2014). For this reason mineral dust particle
microphysical properties were updated in the latest OPAC version (v4.0; Gasteiger et al., 2011;
Koepke et al., 2015) and are now calculated by means of the T-matrix method (Waterman,
1971) under assumptions of an aspect ratio distribution for prolate spheroids observed dur-
ing the Saharan mineral dust experiments SAMUM-1 and SAMUM-2 (Kandler et al., 2009,
2011). Several studies have shown that T-matrix theory substantially improves the agreement
between measured and modeled aerosol optical properties of aspherical mineral dust particles
(Mishchenko et al., 1997; Kahnert et al., 2005; Gasteiger et al., 2011) and are thus motivating
its use in this study.
Results obtained from measurements during the SALTRACE field campaign (Weinzierl
et al., 2017) showed that the size distribution of long-range-transported mineral dust does not
change significantly compared to the distributions measured at source regions. Gravitational
settling processes of large particles with sizes of several microns in the course of the SAL-
transatlantic transport are of a smaller magnitude than expected from Stokes gravitational
settling calculations. Denjean et al. (2015) also found that the chemical composition and
hygroscopicity of long-range-transported mineral dust compared to source regions remains
unaltered. Thus, a mixture proposed by Hess et al. (1998), which consists of four OPAC
v4.0-components for desert aerosol optical properties is assumed in this work (see Table 2.4).
42 2. Methods
Table 2.4: OPAC particle type composition of lidar derived aerosol regimes used in the radiative
transfer simulations. Shown percentages refer to mass mixing ratios.
Regime OPAC component Mix. ratio
marine aerosol
sea salt (acc. mode) 92.8 %
water-soluble 5.8 %
sea salt (coarse mode) 1.4 %
mineral dust
Mineral (acc. mode) 74.7 %
Mineral (coarse mode) 20.2 %




This chapter starts with a characterization of the observed SALs during the NARVAL-II cam-
paign (Section 3.1). First, their optical and microphysical properties as derived from lidar
are presented (Section 3.1.1). Second, water vapor distributions of lidar measurements in
SAL-regions are shown and enhanced concentrations of water vapor inside SALs are pointed
out (Section 3.1.2). The section continues by taking a closer look at the SAL-event on RF6
on 19 Aug (Section 3.1.3). This HALO research flight led over both dust-laden and dust-
free trade wind regimes and therefore enables an investigation of the meteorological aspects
in both regimes. Furthermore, the occurrence of enhanced concentrations of SAL-water va-
por is investigated in more detail. The chapter continues with an investigation of radiative
transfer in long-range-transported SALs in Section 3.2. By presenting three cases studies, the
roles of dust aerosols and water vapor for atmospheric heating in SAL-influenced regions over
the North Atlantic Ocean are examined (Section 3.2.1 & Section 3.2.2). Moreover, the dust
radiative effects on surface and top of the atmosphere are quantified (3.2.3).
Major parts of the presented results are published in the peer-reviewed articles Gutleben
et al. (2019a), Gutleben et al. (2019b) and (Gutleben et al., 2020).
3.1 Characteristics of long-range-transported Saharan air
layers
As already mentioned in Section 2.3, measurements over long-range-transported SALs were
performed during four research flights of NARVAL-II (i.e. RF2, RF3, RF4 and RF6). To verify
the Saharan origin of the layers, backward trajectories using the HYSPLIT model with NCEP
GDAS meteorological input data were calculated and are shown in Figure 3.1. Starting times
and locations were chosen to match the center of the detected layers in the lidar profiles and
the reliability of the calculations was checked by a slight modification of them (not shown).
The calculations indicate that the observed dust layers traveled for 5 to 10 days from the
mountainous Adrar-Hoggar-Äır region in the central Sahara to the measurement location over
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RF02 - 10 Aug RF03 - 12 Aug RF04 - 15 Aug RF06 - 19 Aug
Figure 3.1: 10-day backward trajectories with starting points at the center of the respective SALs
for the four NARVAL-II research flights leading over Saharan dust-laden trade wind
regions (RF2, RF3, RF4 and RF6).
in the framework of RF3, which traveled for only 3.5 days from the West African coast to the
measurement region, the transatlantic transport for all the other dust layers took at least 5.5
days.
3.1.1 Optical and macrophysical properties
An overview of the optical as well as macrophysical characteristics of the four observed SALs
as determined from WALES measurements (i.e. R532, δp(532) as well as the SAL vertical extent
∆zSAL and optical depth τSAL(532)) is presented in Figure 3.2. Departure and landing times
in the morning and evening hours as well as the durations (approx. 8 h) were very similar for
all four flights (see Table 2.2).
During the whole flight on 10 August (RF2), a thin SAL ranging from 2.5-5.0 km altitude










Figure 3.2: Overview of the four NARVAL-II research flights leading over Saharan-dust-laden trade wind regions. (a) Cross sections
of measured backscatter ratio at 532 nm (R532) and (b) applied mineral dust mask. (c) The 10 min boxcar average of
the calculated dust layer vertical extent ∆zSAL. (d) The 10 min boxcar average of the derived total aerosol optical depth
from aircraft to ground level τtot(532) (blue) and aerosol layer optical depth τSAL(532) (red). (e) Mean values and standard
deviations of the measured 10 min averaged SAL particle linear depolarization ratio (δp(532)).
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elevated layer as a mineral dust layer. When applying a mineral dust mask, one can identify
a layer of pure mineral dust (SAL) in altitudes ranging from 2.5 km to 5.0 km. The aerosol
optical depth at 532 nm of the SAL (τSAL(532)) took values around 0.15. This equals on
average approximately 35 % of the total column aerosol optical depth at 532 nm (τtot(532))
during this RF. Unfortunately, bright and strongly reflecting clouds in the lidar field of view
caused the safety circuit of the detector unit to shut down the device now and then. This
caused some gaps in the continuous lidar data set.
In contrast to RF2, a vertically and optically thick dust layer was detected during the whole
RF3 on 12 August. δp(532) of this layer ranged from 28-30 %, thus confirming the presence
of Saharan mineral dust. The layer had a maximum vertical extent of approximately 4 km
(extended from approx. 2 km to 6 km height), was characterized by aerosol optical depths
(532 nm) of around 0.2 and contributed on average with 60 % to τtot(532) during that flight.
While RF2 and RF3 were designed for measurements solely in dust-laden regions, RF4 and
RF6 on 15 and 19 August were planned for measurements in both dust-laden and dust-free
regions within the very same research flight. Flight tracks were chosen to cross dust-gradients
frequently, resulting in multiple flight segments of dust and no dust along the flight track.
Elevated aerosol layers showed mean δp(532) of 30 % and could therefore be identified as SALs.
While the SAL during RF4 ranged on average from 2.5-4.5 km, it reached higher to almost
6 km altitude during RF6. With τSAL(532) taking values around 0.1 the dust layer during RF4
contributed on average 25 % to τtot(532). τSAL(532) during RF6 took higher values of up to 0.4
and showed a mean contribution of 51 % to τtot(532).
3.1.2 Enhanced concentrations of water vapor inside Saharan air
layers
During all four flights, WALES DIAL measurements indicated enhanced concentrations of water
vapor inside the SALs compared to the surrounding dry free troposphere. This is highlighted
in Figure 3.3.
The distribution of measured δp(532) during all research flights in dust-laden regions (Fig-
ure 3.3 (a)) confirms once more that all observed SALs have been elevated in the height
interval from 2 to 5 km. In contrast to the SALs, small values of δp(532) are found in the
MBLs, which ranged up to about 1.5 km altitude during all flights. δp(532) at these levels
points towards an aerosol mixture of marine and mineral dust particles since most values are in
the range from 0.02 < δp(532) < 0.15. At levels higher than approximately 5 km δp(532) drops
to almost zero - an indication for an almost aerosol-free atmosphere above the SAL since also
R532 decreases to approximately 1 at these levels (not shown).
The measured water vapor distribution (Figure 3.3 (b)) for all research flights in dust-laden
regions highlights that the height interval from 2 km to 5 km is characterized by water vapor
mass mixing ratios around 4 g kg−1. This is also indicated by the joint distribution of both
variables in (Figure 3.3 (c)). It clearly shows the correlation of enhanced water vapor mass
mixing ratios and SALs since it peaks at mixing ratios of 4 g kg−1 and typical values of δp(532)
for mineral dust around 30 %. Highest values of rm during NARVAL-II are found inside the
3.1 Characteristics of long-range-transported Saharan air layers 47
Figure 3.3: The 2-D histograms showing the distribution of measured 532 nm particle linear depo-
larization ratios (δp(532), (a)) and water vapor mass mixing ratios (rm, (b)) as a function
of altitude during the four NARVAL-II research flights leading over elevated SALs. (c)
The 2-D histogram of rm as a function of δp(532) during the four NARVAL-II research
flights leading over elevated SALs. The distributions are normed to the maximum bin
count in each individual histogram. Dashed regions indicate signatures of SALs.
MBL and ranged from 14 g kg−1 to 18 g kg−1.
3.1.3 Taking a closer look: the dust-event on 19 Aug 2016
The following section takes a closer look at meteorological characteristics and the enhanced rm
of long-range-transported SALs by analyzing the dust-event during RF6 including in detail. By
means of backward-trajectories, radiosonde and satellite data, the question where the moisture
stems from is also discussed.
RF6 on 19 August 2016 took place in the area between 48◦W to 60◦W and 13◦N to 19◦N
(Figure 3.4). The ITCZ and associated deep convection were located 550 km south of the
flight track at around 10◦N. RF6 crossed a sharp gradient between a dust-laden and a clear
region in an altitude of approximately 8.25 km with about one half of the measurement time
in dust-laden and the other half in dust-free regions. The circular patterns of the flight track
were flown for dropsonde-based divergence measurements (Bony and Stevens, 2019). While
the first pair of circles was performed over a heavily dust-laden region in the southern part of
the flight track, the second pair was performed in the northern part over an almost dust-free
region. This is also seen in MODIS aerosol optical depth imagery at 13:40 UTC in Figure
Figure 3.4 (right) where the region around the southern circle shows a maximum aerosol optical
depth greater 0.4. The HALO flight path during the northern circle did just shortly touch a
SAL-impacted airmass in the Northwest where τ took values around 0.2.
Measured cross sections ofR532 and the derived mineral dust mask from WALES (shown in
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Figure 3.4: Flight track of RF6 on 19 Aug 2016 on top of the Terra-MODIS true color image (left)
and the MODIS aerosol optical depth (τtot) product (right) at 13:40 UTC. Launched
dropsondes are marked by colored dots (red dots: dropsondes launched in mineral dust-
laden regions, blue: dropsondes launched in dust-free regions).
Figure 3.2 (a, RF6) and (b, RF6)) affirm the measurement situation and indicate pronounced
elevated mineral dust layers ranging from 2.5-5.0 km altitude, horizontally alternating with
dust-free profile regions.
Dropsonde analysis
During RF6 dropsondes were launched frequently along the flight tracks and can therefore
be used to compare measured vertical profiles of meteorological parameters in dust-laden to
those measured in dust-free regions. For this purpose mean profiles of potential temperature
θ, relative humidity and water vapor mass mixing ratio (RH, rm) as well as wind speed and
direction (u, wdir) of all dropsonde-measurements in the respective dust-laden and dust-free
regions are compared in Figure 3.5 (I.(b-d), II.(b-d) and III.(a-d)). Additionally, lidar-derived
δp(532) is analyzed for both regimes (Figure 3.5, I.a and II.a).
Dropsonde measurements indicate that inside the SAL-region a three-layer structure is
present: 1) the MBL, reaching up to approximately 1.3 km height. δp(532) smaller 10 % indicates
3.1 Characteristics of long-range-transported Saharan air layers 49
Figure 3.5: Mean vertical WALES lidar profiles of δp(532) and mean vertical dropsonde profiles of
relative humidity (RH), potential temperature (Θ), squared Brunt-Väisälä frequency
N2 = gΘ
∂Θ
∂z as well as wind speed (u) and direction (wdir) in dust-free (I.(a-d)) and
dust-laden (II.(a-d)) regions during RF6 on 19 Aug 2016 (horizontal bars indicate stan-
dard deviations). III.(a-d): Differences in water vapor mass mixing ratio (rm), potential
temperature, relative humidity and wind speed between the two regions. Shaded regions
mark the marine boundary layer (blue) and the Saharan air layer (orange).
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that marine aerosols are the dominant contributor to the aerosol composition of the MBL;
2) a transition or mixed layer extending from the MBL-top to 2.8 km altitude with varying
values of δp(532) (10 % < δp(532) < 20 %); and 3) the elevated SAL, with typical δp(532) for
long-range-transported Saharan dust (δp(532) ∼30 %) ranging from 2.8 km to 3.8 km height.
The mean profile of δp(532) inside the MBL has a similar shape in the dust-free and dust-laden
regions. However, no SAL-signature is detected.
Both the dust-laden and the dust-free region clearly indicate the so-called trade wind
inversion (TWI) in an altitude range from 1.5 km to 1.8 km height capping the moist MBL.
It is caused by the large-scale subsiding flows of the Hadley cell and Walker circulation. The
TWI is characterized by a rapid temperature decrease of about 4 K within 400 m (not shown)
and a strong hydrolapse (RH drops from >80 % to ∼30 %). In both regimes the MBL itself
can be divided into a sub-cloud layer which extends from the ocean surface to 0.5-0.7 km and
a cloud layer which extends from the sub-cloud layer top to the TWI (0.5 - 1.8 km). Those
two regions can be identified in profiles of Θ and humidity. Whereas the sub-cloud layer is
well mixed (Θ = const., rm = const.), the cloud layer shows a conditionally unstable lapse
rate of 5-7 K km−1 (saturated air parcels are unstable to vertical displacement). The MBL
of both regimes is dominated by north-easterly winds with speeds around 7 m s−1. In dust-
laden regions wind speeds in SAL-altitudes are by 4 m s−1 lower than in the dust-free regions.
This suggests that the SAL represents a decoupled layer which penetrates into the trade-wind
regime.
Besides the WALES measurements also dropsonde measurements indicate enhanced amounts
of water vapor inside the long-range-transported SAL. Relative humidity and water vapor mass
mixing ratio show an increase of 2 g kg−1 in SAL regions compared to the dust-free trade wind
region. An in-depth investigation of the observed SAL water vapor during RF6 and an exam-
ination of its origin is presented in the following Section 3.1.3.




, with g being the gravity of the Earth, is shown. N2 shows regions of high
atmospheric stability and thus strong restoring forces for a vertical air parcel displacement
at the inversion altitudes. Enhanced atmospheric stability is found at the TWI for both
regimes. At higher altitudes N2-profiles look different. In dust-laden regions the lower and
upper boundary of the SAL are characterized by two additional inversions. These inversions
have already been found in the sixties (Lilly, 1968). The inversion at the SAL-base is caused
by the strong vertical gradients of temperature between the hot SAL-base and the subjacent
cooler marine air below (Prospero and Carlson, 1972; Dunion and Velden, 2004) and the
upper inversion is caused by the predominant large-scale subtropical subsidence in the upper
troposphere (Gamo, 1996). Inside the layer N2 is almost zero - indicating a well mixed SAL-
regime. Furthermore, Θ points towards a neutral stratification in the interior of the SAL since
it does not change with altitude. Altogether, a total of three prominent inversion layers could
counteract convective development in dust-laden regions, whereas in dust-free regions just the
trade wind inversion is present.
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Retracing the water vapor inside the Saharan air layer
Figure 3.6 shows the WALES DIAL and backscatter measurements of the moist, elevated, and
long-range-transported SAL on 19 August 2016. The 2-D cross section of backscatter ratio
R532 measured during this research flight (Figure 3.6 (c)) shows an elevated layer of enhanced
particle backscatter (R532 ≈ 3.0) ranging from 2.5 km to 5.0 km altitude. In those altitudes
δp(532) takes typical values for mineral dust around 0.3 (Figure 3.6 (b)) and thus verifies that
the layer is a SAL (Figure 3.6 (d)). The SAL aerosol optical depth at 532 nm is approximately
0.3 (not shown). Homogeneously distributed water vapor mass mixing ratios around 4 g kg−1
are observed in SAL altitudes (Figure 3.6 (a)). The profile of rm follows the SAL signature in
the R532 profile. It indicates that the SAL is representing a relatively moist layer compared to
adjacent atmospheric levels above and below where rm is by approximately 2 g kg−1 smaller.
Inside the MBL, which extends from the ocean surface to approximately 1.5 km altitude, water
vapor mixing ratios of up to 15 g kg−1 are measured.
Figure 3.6: (a) The cross section of water vapor mass mixing ratio rm measured during the research
flight on 19 August 2016. (b) The vertical profiles of water vapor mass mixing ratio
rm and particle linear depolarization ratio δp(532) at the indicated measurement location
(dashed lines in a and c). Hatched areas indicate the Saharan air layer (SAL, orange)
and the marine boundary layer (MBL, light green). (c) The cross section of lidar
backscatter ratio R532 measured during the research flight on 19 August 2016. (d)
The vertical profiles of R532 as well as derived mineral dust (solid) and marine aerosol





























Figure 3.7: (a) The 10-day backward trajectory with the starting point being located inside the
observed Saharan air layer (SAL; 19 August 2016 at 14:30 UTC; 14◦N; 51.5◦W; 3.5 km
altitude). Colors mark the altitude of the trajectory. The black line in (a) marks the
HALO research flight track on 19 August 2016. The white box in (a) indicates the
field of view of the MODIS (Moderate-resolution Imaging Spectroradiometer) real color
image illustrated in (b), which shows the dust outbreak region over Dakar (image taken
on 15 August 2016 at 12:25 UTC). The dashed blue line in (a) marks the ground track of
the smoothed 2-D CALIOP (Cloud-Aerosol LIdar with Orthogonal Polarization) 532 nm
attenuated backscatter cross section of the observed SAL on 15 August 2016 around
03:00 UTC that is shown in (d). (c) Profiles of potential temperature Θ and water
vapor mass mixing ratio rm from radiosonde measurements over Dakar on 15 August
2016 at 12:00 UTC. The orange-colored region marks the observed SAL.
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WALES lidar cross sections also show that the SAL is well separated from the MBL by
an almost aerosol-free airmass. δp(532) inside the MBL takes values around 0.2 - an indica-
tor for a mixed MBL containing settling mineral dust and marine aerosol particles at lowest
atmospheric levels. When looking at the derived profiles of marine and mineral dust aerosol
mass concentration (cm) highest concentrations of mineral dust can be found at the center of
the SAL reaching values of up to 120 g m−3. At lower atmospheric levels the aerosol profile is
composed of an aerosol mixture consisting of dust aerosol (cm > 40 g m3) and marine aerosol
(cm > 20 g m−3) with highest concentrations of marine aerosol at near-surface levels. In SAL
altitudes no marine aerosol is detected anymore.
Calculated HYSPLIT backward trajectories with NCEP GDAS input data indicate that
the SAL traveled for about 10 days from the Saharan desert to the measurement location
in the southern part of the flight track (Figure 3.7 (a)). The center of the SAL descended
by more than 3 km (from 7 to 3.5 km). The huge dust-outbreak off-coast Senegal is also
seen in MODIS and CALIOP satellite observations on 15 August 2016 (Figure 3.7 (b & d)).
Enhanced backscatter in CALIOP lidar measurements indicate that the SAL was located in
altitudes ranging from approximately 2 to 5 km altitude during the outbreak. Operationally
launched radiosonde measurements on the same day over the city of Dakar (Senegal; Figure 3.7
(c)) reveal that the SAL already showed enhanced rm of up to 7 g kg−1 at the beginning of
its long-range transport. Measured rm inside the SAL near the Caribbean islands (4 g kg−1) is
lower than in Dakar.
3.2 Radiative transfer in long-range-transported Saharan
air layers
The following Section focuses on the impacts caused by both SAL water vapor and SAL aerosol
particles on radiative transfer. The effects that SAL water vapor and SAL-aerosols have on
atmospheric heating and the radiation budget at surface level and top of the atmosphere are
therefore investigated in detail. In order to do that, libRadtran radiative transfer calculations
for three typical cloudless 5 min-lidar cross sections during the NARVAL-II-research flights on
12 and 19 August 2016 (RF3 & RF6) are presented and discussed.
3.2.1 Case studies for radiative transfer calculations
On 12 August dust layers covered the whole research area. This is also seen in measured
MODIS total column aerosol optical depth τtot during that day which took values around 0.3
along the whole flight track (Figure 3.8). In contrast, the research flight on 19 August led over
trade wind regions comprising elevated mineral dust layers (τtot >0.3) as well as regions free
of mineral dust and is therefore suitable for a comparison of radiative effects in SAL-influenced
regions and SAL-free regions.
Figure 3.9 shows the three cloudless 5 min-lidar cross sections observed during these two
research flights that are used for radiative transfer calculations in this work. While the first
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case represents a SAL-free scenario with some residual mineral dust at low atmospheric levels,
the other two cases are both characterized by a long-range-transported SAL. All the three
selected cross sections are of approximately 50 km length and described in the following:
Figure 3.8: Flight tracks of the RF3 and RF6 conducted on 12 (right) and 19 (left) August 2016
on top of images showing MODIS true color (top) and total column aerosol optical
depth (τtot, bottom) around 13:40 UTC. Red lines and labels indicate the discussed
flight segments (cases (a), (b) and (c)).
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(a) SAL-free case - 19 Aug 2016 (16:51-16:56 UTC):
This case represents a typical SAL-free measurement segment during NARVAL-II. Lidar
profiles of R532 and δp(532) show no dust-signatures in altitudes greater 3 km. In the
MBL both marine and mineral dust aerosol particles coexist (settling dust particles) and
a maximum aerosol extinction coefficient of 0.03 km−1 was measured inside the MBL.
δp(532) ranges from roughly 0.05 to 0.25 and derived aerosol mass concentrations of both
marine and mineral dust aerosol reach maximum values of approximately 30µg m−3.
(b) Elevated SAL - 19 Aug 2016 (14:26 - 14:31 UTC):
The second case represents a scenario with a detected elevated and long-range-transported
SAL extending from 3 - 4 km altitude. The SAL shows increased backscatter ratios
around 3 and high particle linear depolarization ratios of ∼0.3. δp(532) and R(532) pro-
files feature sharp gradients to the above free-troposphere and to lower atmospheric
levels. The SAL itself is associated with evenly distributed mineral dust mass concentra-
tions of approximately 120µg m−3 and aerosol extinction coefficients around 0.07 km−1.
Marine aerosols are mainly confined to the MBL which extends from 0.0 - 1.6 km alti-
tude. Similar to case (a) the aerosol composition within the MBL is not exclusively
characterized by marine aerosols but also contains portions of mineral dust aerosols.
An intermediate layer showing small values of δp(532), cm(dust) and R(532) is located in
between the MBL and the SAL and ranges from 1.6 - 2.8 km altitude.
(c) Thick SAL - 12 Aug 2016 (14:26 - 14:31 UTC):
The third scenario represents the thickest SAL that has been observed during the whole
NARVAL-II campaign. Measured δp(532) of around 0.3 clearly indicates the presence of
Saharan mineral dust from ground level to almost 5 km altitude. The R(532)-profile also
shows enhanced particle backscatter greater 2.0 in these altitudes. Profiles of calcu-
lated aerosol mass concentration highlight a pure dust regime (cm(dust) ≈ 100µg m−3;
aerosol extinction coefficients around 0.06 km−1) at altitudes ranging from approximately
1.5 - 5.0 km altitude transitioning to a mixed marine and dust aerosol regime at lower
atmospheric levels (0 - 1.5 km). The lidar measurements again do not indicate a pure
marine aerosol regime at low altitudes. Both marine and settling mineral dust aerosol is
found in the MBL (0 - 1.5 km).
As already indicated by the correlation of δp(532) and rm shown in Figure 3.3 (c) the SALs
described in cases (b) and (c) are also associated with enhanced concentrations of water
vapor compared to the surrounding free troposphere: rm and R532 in the lidar profiles show
a distinct correlation (Figure 3.10). The SALs show almost uniformly increased water vapor
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Figure 3.9: left: cross sections of WALES backscatter ratioR532; middle: averaged profiles of linear
particle depolarization ratios δp(532) and backscatter ratio R532; right: derived aerosol
mass concentrations (cm(dust) (red) and cm(marine) (blue)) for case (a) and (b) on 19
Aug as well as case (c) on 12 Aug 2016. Dotted areas indicate approximate extents of
the marine boundary layer (MBL; blue) and the Saharan air layer (SAL; dark-red).
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Figure 3.10: Averaged vertical profiles of backscatter ratio (R532) and water vapor mass mixing
ratio (rm) for cases (a),(b) and (c). Shaded: estimated measurement uncertainties.
Dotted height intervals highlight the approximate extents of observed Saharan air
layers (SALs, dark-red), and marine boundary layers (MBLs, light-green).
mixing ratios ranging from 3 - 5 gkg−1 compared to the surrounding free troposphere (case (b):
2.8 - 4.2 km; case (c): 2.5 - 4.8 km). Case (a) however, indicates that no distinct correlation
of enhanced rm and R532 could be observed in the SAL-free troposphere. The profile shows
a drop of rm to values smaller 1 gkg−1 at altitudes greater 3 km, indicating the transition
from the MBL to the dry free troposphere. Such a drop in humidity was observed during
most SAL-free periods in NARVAL-II, and has already been discussed in the framework of the
dropsonde analysis in Section 3.1.3. It comes along with a strong TWI that is generated by
the subsiding branches of the Hadley cell and the Walker circulation.
3.2.2 Saharan air layer radiative heating
Profiles of calculated short-wave, long-wave and net heating rates (24 h-averaged) for the three
selected case studies are shown in Figure 3.11. Since WALES is able to measure both water
vapor mixing ratios and aerosol optical properties, total heating rate profiles and contributions
of mineral dust to total heating rate profiles can be derived. The dust-contribution to the
total heating rate is derived as the difference between heating rates that consider dust in the
model and heating rates with no dust in the model atmosphere.
Observed SALs in case (b) and (c) are well mixed (constant potential temperature Θ
around 315 K). Both profiles have strong gradients of rm and Θ at the upper edge of the SAL
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Figure 3.11: Left: the vertical profiles of derived water vapor mass mixing ratio from DIAL mea-
surements (blue) and potential temperature from dropsonde measurements (red) for
the three selected scenarios. Right: the diurnally averaged net (black), short-wave
(red) and long-wave (blue) heating rates (solid). Dashed lines illustrate the aerosol-
contributions to the total heating rate profiles). Colored and dotted height intervals
highlight the approximate extent of the observed Saharan air layers (SAL, dark-red)
and marine boundary layers (blue, dotted).
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SAL-related bounding inversions (Lilly, 1968; Dunion and Velden, 2004; Ismail et al., 2010).
The MBL in all three cases is characterized by high relative humidities (rm: 10-16 g kg−1) and
is capped by a temperature inversion (TWI) and a pronounced hydrolapse (rm drops from >15
to approximately 5 g kg−1).
Calculated profiles of diurnally averaged mineral dust short-wave heating rates for mean
profiles of case (b) and (c) indicate an atmospheric heating of less than 0.5 K d−1 in SAL
altitudes. Maximum short-wave heating is hereby found in altitudes of highest dust mass
concentration (case (b): ∼3.5 km; case (c): ∼2.5 km). A dust aerosol heating rate profile
of similar shape towards negative values is found in the long-wave spectrum. At altitudes of
highest mass concentration dust aerosols show cooling rates of ∼0.2 K d−1. This results in a
small net warming effect of long-range-transported dust aerosols of approximately 0.3 K d−1
for both cases (b) and (c). The net mineral dust radiative heating rate for the SAL-free case
(a) is limited to the lowest atmospheric levels and takes small values of less than 0.1 K d−1.
The effect of water vapor on the total vertical radiative heating and cooling rate profile
is much larger than the effect caused by the dust aerosols and also has a different shape.
Greatest water vapor absorption of solar radiation takes place at the uppermost levels of the
SAL and leads to strong heating at these levels. Long-wave cooling due to emission of radiation
towards space is also strongest at the top of the SAL since there is no heating by atmospheric
counter radiation from higher atmospheric levels. Hence, greatest total heating and cooling
rates are found at the upper edge of both observed SALs (short-wave: 2.2 K d−1 (both cases);
long-wave: -6 K d−1 (case (b)) and -7 K d−1 (case (c)). Adding short-wave and long-wave
heating rates results in SAL net heating rates. They are entirely negative for both cases and
take values from -1.0 to -3.5 K d−1 (case (b)) and -0.5 to -5.5 K d−1 (case (c)). Moreover, an
intensification of net radiative cooling with height towards the top of the SAL is evident.
Another increase in short-wave heating and long-wave cooling rates is found within the
MBL which is characterized by a moist mixture of mineral dust and marine aerosols in all three
cases. However, the shape of the MBL heating rate profile in SAL-influenced regions differs
to those in SAL-free regions. While for the SAL-free scenario strong cooling at the top of the
MBL can be observed (strongly pronounced inversion; case (a)), SAL-influenced regions show
less cooling (weakly pronounced inversion; cases (b) and (c)). Short-wave, long-wave as well
as net heating rate profiles calculated for the dust-free case (a) show no distinct features above
the MBL. In this case peak values of atmospheric heating and cooling correlate with regions
of strongest gradients in rm (maximum long-wave cooling: -5 K d−1; maximum short-wave
heating: 1.8 K d−1). This emphasizes the dominating effect of water vapor on atmospheric
heating.
3.2.3 Dust-radiative effects at surface level and top of the atmo-
sphere
Saharan dust short-wave radiative effects at surface level and TOA (Figure 3.12) are investi-
gated by analyzing modeled solar zenith angle dependent short-wave irradiances for the three




















   
   
   
   











   
   
   
   




















   
   
   
   











   
   
   
   
   
 
Figure 3.12: Top: Diurnal cycles of the modeled downwelling short-wave irradiances at surface level
(I - E↓SUR : direct (solid), diffuse (dashed)) and upwelling short-wave irradiances at
top of the atmosphere (II - E↑TOA). Bottom: The corresponding diurnal cycles of the
modeled Saharan dust short-wave radiative effects (RE) at surface level (I) and top
of the atmosphere (II) together with the solar zenith angle (sza). Colors indicate the
three cases: light-orange (case (a)), orange (case (b)), dark-orange (case (c)).
tionary within a 24 h time frame. Saharan dust short-wave radiative effects at surface level
(RESUR) and top of the atmosphere (RETOA) are inferred as the difference between modeled
irradiances considering mineral dust particles in the model atmosphere (E↓tot(SUR), E↑tot(TOA))
and irradiances calculated under assumption of no dust in the atmosphere (E↓nodust(SUR),
E↑nodust(TOA)),
RESUR = E↓tot(SUR) − E↓nodust(SUR). (3.1)
and,
RETOA = −(E↑tot(TOA) − E↑nodust(TOA)), (3.2)
Downward and upward irradiances are primarily determined by the solar zenith angle, there-
fore having a symmetrical shape with maxima at noon (around 15:30 UTC). At intermediate
zenith angles (morning and evening hours) Mie-scattering is the dominant contributor to E↓tot
and E↑tot at both surface level and TOA. The longer the slant path of solar rays through SALs,
the larger the fraction of backscattered light to space. As a reason, RESUR and RETOA show
minimum magnitudes at low solar zenith angles around noon and maximum magnitudes at
intermediate zenith angles in the morning and evening hours.
For case (c) a maximum negative RESUR of almost -40 W m−2 is calculated for morn-
ing and evening hours (11:30 and 20:00 UTC). At noon the diffuse fraction of downwelling
irradiance (E↓diff ) at surface level reaches 200 W m−2 making one third of E↓tot at surface
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levels. Calculations of RETOA show similar results for case (c). At intermediate zenith angles
the diurnal maximum in atmospheric backscattering causes a maximum negative RETOA of
-25 W m−2. E↑tot at TOA reaches maximum values of nearly 120 W m−2 at midday. For case
(b) a lidar-derived RESUR of -25 W m−2 is computed for intermediate zenith angles. It shows
a local minimum at noon (-20 W m−2). Compared to case (c), E↓diff at noon is slightly
smaller (180 W m−2). This reduced diffuse fraction is also evident when looking at RETOA.
Due to the decrease in scattering, RETOA reduces to a minimum of -17 W m−2 for case (b).
Compared to the other cases, case (a) shows the smallest values of RESUR (>-8 W m−2) with




During NARVAL-II all observed SALs came along with enhanced concentrations of water vapor
compared to the surrounding atmosphere. These findings fit well to former observations of
water vapor mixing ratios in elevated SALs. Kanitz et al. (2014) for example derived water
vapor mass mixing ratios of 4 to 5 g kg−1 (RH: 30 % to 80 %) inside a SAL form shipborne
Raman lidar and microwave radiometer measurements in May 2013. Jung et al. (2013) deduced
similar concentrations of rm inside an elevated and long-range-transported SAL that traveled
over the North Atlantic Ocean in early April 2010 (∼ 4 g kg−1). While Kanitz et al. (2014) did
not examine the main drivers for SAL-moistening, Jung et al. (2013) tried to identify them by
comparing vertical soundings of the observed SAL near its origin (Dakar-Senegal) and after
its long-range transport (Barbados). The deduced profiles indicated that the observed SAL -
which extended from the MBL-top to 4.00 km (Dakar) and 2.65 km altitude (Barbados) - was
moistened during transport by upwelling surface fluxes, because water vapor concentrations
inside the SAL were found to be by 2 g kg−1 higher at Barbados than at Dakar.
To retrace SAL-moisture during NARVAL-II, backward-trajectories are calculated for the
two presented case studies where SALs were present (case (b): RF6, and case (c): RF3).
Both SALs can be traced back to the coastal region of Senegal and Mauritania. Operationally
launched radiosonde measurements at the airport of Dakar during the dust outbreaks together
with dropsonde measurements during the research flights allow Lagrangian measurements of
SAL-moisture. Figure 4.1 shows that for both case studies upwelling surface fluxes did not
play a significant role for SAL-moistening. Additional moistening of the SALs during transport
has not been observed. While SAL water vapor concentrations during RF6 (case (b)) were
similar at the beginning and at the end of transatlantic transport (∼ 4 g kg−1), they were even
higher over Dakar (∼ 7 g kg−1) than over the Caribbean (∼ 4 g kg−1) for the SAL which was
observed during RF3 (case (c)). This drop of SAL-moisture during transport is most likely
related to the dissipation and thinning of the SAL during transport. Differences in Θ and rm
indicate that the observed SALs descended during transport, since the tops of both observed
SALs dropped by 0.7 km (RF3, case (c)) and 1.5 km (RF6, case (b)).
Identified SAL water vapor mass mixing ratios over Dakar fit well to observations by Mar-
sham et al. (2008) who found that air masses over the Saharan desert can already show water
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vapor mass mixing ratios in the range from 4 to 7 g kg−1. Consequently, water vapor uptake
during dust-mobilization processes might also be considered as a driver for SAL moistening.
Especially Saharan dust mobilization by cold and humid downbursts (haboobs) from convective
systems could contribute to SAL-moistening in the summer months (e.g. Schepanski et al.,
2009). However, a detailed identification of all processes that lead to SAL-moistening as well
as of possible seasonal fluctuations of SAL-moistening by upwelling moisture fluxes, is not the
focus of this thesis.
Figure 4.1: Lagrangian measurements (verified by calculated HYSPLIT backward trajectories) of
vertical Θ and rm-profiles of the observed SALs during the presented case studies (b
(RF6 - top) and c (RF3 - bottom)) as measured by dropsondes near Barbados (solid)
and by operational radiosondes at the beginning of SAL-transport near Dakar (dashed).
Light brown areas mark the approximate vertical extent of the SALs over Dakar (dashed
margins). Dark brown areas mark the vertical extent of the long-range-transported SALs
as observed during the respective research flights (solid margins).
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4.1 Implications of Saharan air layer radiative properties
Trapped by the two SAL-related inversions the received moisture remained enclosed within the
SALs during transatlantic transport. The previous chapter illustrated the impacts of SAL water
vapor on atmospheric radiative heating. Not only it is the strongest contributor to calculated
heating rate magnitudes, but also it significantly changes the vertical structure of heating
rate profiles. As a consequence, SAL-heating induced by water vapor has some important
impacts on atmospheric stability and cloud development. Those implications are discussed in
the following.
4.1.1 Impacts on Saharan air layer stratification
Inside the observed SALs it was shown that the net radiative heating rates are entirely negative
and that cooling strengthens with height. Lilly (1968) showed that such a strengthening of
cooling with altitude tends to decrease the static stability and to promote vertical mixing.
Strengthening of heating with altitude has the opposite effect and increases static stability in
the atmosphere. A schematic illustration of these radiative heating impacts on atmospheric
stability is shown in Figure 4.2.
The observed strengthening of SAL-cooling with altitude during NARVAL-II is in line to
results of prior studies, which found neutral stratification inside SALs (Prospero and Carlson,
1972). Dropsonde measurements of Θ and rm during NARVAL-II also indicated that the
observed SALs have been neutrally stratified and well-mixed (Θ = const.; see Figure 3.11 (b,
c)). At the top and at the bottom of the SALs net radiative heating rates were observed to
increase with altitude - an indicator of stable stratification, which is also marked by positive
changes of Θ in dropsonde measurements. Those stable stratified regions mark the two
bounding inversions that come along with SALs (Carlson and Prospero, 1972; Dunion and
Velden, 2004; Ismail et al., 2010).
Similar results have been found by Kim et al. (2004) who focused on the effect of en-
hanced water vapor concentrations within Asian dust plumes. They also highlighted that
derived atmospheric heating rates within the dust plumes are altered by enhanced water vapor
concentrations. In their study they compared heating rate calculations where measured water
vapor profiles have been considered, to calculations where reference water vapor profiles have
been used. Calculated maximum short-wave heating and long-wave cooling rates were also
found to be shifted from the center to the top of the dust layers when including the measured
water vapor profiles in calculations.
The findings of this thesis could answer the still open research question why super-micron
mineral dust particles with diameters larger than 7µm can still be found inside SALs after
long-range transport and are not removed by gravitational settling. Weinzierl et al. (2017)
explained that large and asymmetric dust particles with diameters of 20µm, typical densities of
2.6 g cm−3 and shape factors of 1.4 are supposed to descend by 2.1 km d−1 according to Stokes
gravitational settling theory. Hence, even if these large particles would start their transatlantic























Figure 4.2: Illustration of radiative heating impacts on atmospheric stability.
atmosphere before they reach the Caribbean. However, analyses of mineral dust particle size
distributions over Barbados by Denjean et al. (2015) and Weinzierl et al. (2017) highlighted
that this is not the case. Expected maximum particle diameters of 7µm were exceeded by far
since particles with diameters larger than 20µm could still be found in long-range-transported
SALs.
Trying to unravel the processes behind these findings Gasteiger et al. (2017) used an
integrated model and measurement approach to investigate particle settling processes during
SAL advection. They conjectured that daytime convective mixing within the SAL could be
the main driver for particle mixing and would allow dust particles with diameters larger than
20µm to arrive in the Caribbean.
With the presented results in this thesis, vertical mixing processes within the SALs can be
explained for the first time. They indicated that water vapor radiative heating could explain this
phenomenon. It strengthens the cooling inside the SALs with altitude and therefore promotes
vertical mixing processes inside the SALs. Additionally, water vapor radiative heating sustains
the layers bounding inversions. Consequently, SAL radiative heating processes can counteract
mineral dust settling from the SALs and help larger particles to remain inside the SALs during
transatlantic transport.
To substantiate the hypothesis that vertical mixing processes counteract gravitational set-
tling inside SALs, indicators for static stability from measurements by dropsondes of temper-
ature and wind speed in SAL-regimes during RF3 are derived (Figure 4.3). RF3 is chosen,
because a large number of dropsondes has been launched during that flight. An indicator
that is frequently used to analyze the stratification and static stability of the atmosphere is
the squared Brunt-Väisälä frequency N2 = gΘ
dΘ
dz
, which has already been introduced in Sec-
tion 3.1.3. If N2 takes values much higher than zero the atmosphere is stably stratified and
buoyant motion is suppressed. Small positive values of N2 indicate regions of neutral strat-
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Figure 4.3: Vertical profiles of meteorological quantities as measured from dropsondes during RF3
that are interpolated along the HALO flight path: (a) equivalent potential temperature
Θe, (b) Brunt-Väisälä frequency N2, (c) wind speed u, (d) wind shear S, (e) water
vapor mass mixing ratio rm and (f) Richardson number Ri. Grey dots indicate the
locations where the dropsondes have been launched.
ification where mixing processes can occur. In case of N2 <0 , buoyant motions are likely.
The 2D-profile of N2 points out that the MBL (ranging from 0.0 km to approximately 1.5 km
altitude) and the SAL (ranging from 1.5 km to approximately 5 km altitude) represent two
neutrally stratified regimes, since N2 takes very small values (N2 < 0.1 ·10−4 s−2). The pro-
files of equivalent potential temperature Θe and rm also point towards a neutral stratification
in these regions as both take constant values with altitude (rm ≈ 4 g kg−1). The regions be-
tween the MBL and SAL and above the SAL are characterized by high static stability (N2 >
0.5 ·10−4 s−2). Those regions can be attributed to the three inversions in SAL-regimes: the
TWI and the inversions at the top and the bottom of the SAL.
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Nonetheless, turbulence and vertical mixing can even occur under stably stratified condi-

















Here u and v represent the two components of the wind vector towards the East and the
North. The dimensionless Richardson number is a parameter which is used for the analysis
of atmospheric stability that takes both static stability and flow shear into account. It is the
ratio of buoyant suppression of turbulent motion and the generation of turbulence due to flow






)2 = N2S . (4.2)
Hence, the greater Ri, the lower the chance for vertical mixing. Stability theory reveals that
for the formation of turbulence Ri has to be smaller than a critical value of 1/4 (e.g. Turner,
1973). This can either happen when shear overpowers stabilizing buoyancy forces or when
great static instability is prevailing. During RF3 wind speeds have been considerably higher in
SAL regions (>10 m s−1) than in regions below and above (<10 m s−1). These strong gradients
of wind speed at the top and at the bottom of the SAL resulted in great flow shear. However,
buoyant suppression of vertical motion overpowered the generation of turbulence due to flow
shear in these regions (Ri > 5). In the interior of the SAL and the MBL almost no flow
shear could be observed. Nevertheless, those regions can be identified as turbulent regimes
(Ri < 0.25) as static stability was weak. Summed up, the analysis of N2 and Ri confirms the
hypothesis of vertical mixing due to radiative cooling inside SALs.
4.1.2 Impacts on the marine boundary layer and convection
Besides its impacts on atmospheric stability in SAL-altitudes, SAL-water vapor also has an
impact on cooling and heating rate profiles inside the subjacent MBL. In Section 3.2 it can
be seen that calculated net heating rates for the dust-laden cases (Figure 3.11 (b, c)) show
less cooling at the top of the MBL compared to the SAL-free case (Figure 3.11 (a)). An
elevated and moist SAL is associated with down-welling long-wave irradiance which counter-
acts radiative cooling inside the MBL and weakens the cooling of the MBL. This leads to a
steadily increasing net heating rate profile within the MBL. However, for the SAL-free case no
atmospheric counter-radiation is present. Hence, MBL-cooling strengthens with altitude and
strongest cooling is located at the top of the MBL. As a consequence, the development of
convection is reinforced (see Figure 4.4).
Stevens et al. (2017) used idealized distributions of water vapor in the lower atmosphere
for a model study to highlight the impact of elevated moist layers on the vertical distribution
of heating rates. They claimed that such layers could reduce the cooling at lower atmospheric
levels and could therefore potentially modify the state of the boundary layer by inducing
low-level circulations. A theoretical study by Naumann et al. (2017) already explained that

























Figure 4.4: Schematic graph that illustrates the implications of radiative heating on atmospheric
stability in SAL regions (a) and SAL-free regions (b). Red lines mark regions where
atmospheric heating strengthens static stability. Blue lines indicate regions where atmo-
spheric heating has a weakening effect on static stability and helps to promote vertical
mixing processes. The TWI on top of the MBL and the two bounding inversions of the
SAL are marked by dashed and dotted grey lines.
variations in infrared cooling due to vertical gradients of tropospheric moisture may drive
atmospheric circulations in trade wind regions.
In addition to radiative heating or cooling, the MBL-state can also be modified by cooler
sea surface temperatures due to dimmed solar radiation. For example, a study by Foltz and
McPhaden (2008) has already highlighted that less down-welling solar radiation in dust-laden
regions can cause gradients in sea surface temperature and can also potentially impact the
evolution of clouds. In this thesis maximum radiative effects of -40 W m−2 have been derived
at surface level. Similar values have been observed by Kanitz et al. (2013) who studied the
Saharan dust radiative effect near source regions in the vicinity of the Cap Verde islands.
Based on their shipborne aerosol Raman/polarization lidar measurements on 1 May 2010 they
deduced a maximum diurnal dust short-wave radiative effect of approximately -60 W m−2 at
surface level. Results in this work are of a slightly smaller magnitude which is most probably
caused by the thinning of the SAL during long-range transport. Consequently, also the dust
radiative effects at TOA are slightly smaller (Kanitz et al., 2013: -42 W m−2; this work:
-25 W m−2).
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4.2 Cloud macro-physical properties in Saharan-dust-laden
and dust-free regions
From the presented effects of SALs on atmospheric heating and static stability in the MBL, it
seems likely that cloud macrophysical properties (i.e. cloud fractions, cloud top heights, cloud
lengths and cloud gaps) are different for SAL regions and SAL-free regions.
The MODIS true color image shown earlier in Section 3.1.3 (Figure 3.4 - left) already
indicates that the dust-free regions seem to be characterized by less clouds compared to the
dust-laden ones during RF6. The low cloud amount in the dust-laden region (southern part of
the flight track) is also evident in lidar measurements (see Figure 3.2). Whereas a lot of cloud
signatures (high values of R532) are detected in the northern part of the flight track (after
about 16:45 UTC), almost no cloud signature is detected along the earlier southern flight
path - with the exception of the transition region to the dust-free research area. Another
characteristic of clouds in SAL regions during RF6 is that their tops are rarely located higher
than approximately 1 km. However, in dust-free regions during RF6 cloud tops reach almost
twice as high (∼ 2 km).
To examine if radiative effects of SALs have significant impacts on shallow marine clouds,
differences in lidar-derived cloud macrophysical properties in regions from 10◦N to 20◦N are
investigated for the whole NARVAL-II field campaign. For this purpose, cloud fractions (CFs)
and distributions of cloud top heights (CTHs), cloud lengths (CLs) and cloud gap lengths
(CGLs) are derived and compared for dust-free and dust-laden regions. It is also investigated
whether correlations of SAL-properties (i.e. vertical extent or layer optical depths) and cloud
macrophysical properties exist. To investigate possible seasonal dependencies, WALES lidar
data collected during the dust-free NARVAL-I field campaign in winter 2013 (10 to 20 De-
cember, 44 h of measurements) is additionally analyzed (flight tracks indicated in Figure 2.8).
Cloud detection with lidar is usually performed by employing fixed signal thresholds (e.g.
Medeiros et al., 2010; Nuijens et al., 2009, 2014) or by applying wavelet covariance methods for
the detection of sharp gradients to the backscattered signal (Gamage and Hagelberg, 1993).
To avoid potential miscategorizations of sharp aerosol gradients as cloud tops using wavelet
transforms, a fixed threshold of R532 is used in this work. During NARVAL-II it was found
that R532 in the cloud-free marine trade wind boundary layer as well as in the elevated SAL
never exceeds a ratio of 10. Marine trade wind water-clouds are optically thick and thus take
much larger values. Based on these findings a fixed threshold of R532 = 20 is used for the
cloud/no-cloud decision.
To determine the CTH, the profile of R532 is scanned from flight level downwards to
250 m altitude and the first range bin where R532 is greater or equal to the defined threshold
is marked. Additionally, the whole profile is flagged as a cloud containing profile. All cloud
containing profiles with CTHs in a certain altitude range are taken and divided by the total
number of cloud-flagged profiles to obtain the CTH-fraction in the respective bin of the overall
CTH-distribution. Similar to that the CF is defined as the number of all cloud containing
profiles divided by the total number of vertical lidar profiles. For the calculation of CLs
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along the flight path neighboring cloud-flagged vertical profiles are connected. The CL (of a
cloud extending from point A to point B) is then determined as a function of the respective
geolocations (aircraft latitude and longitude) and CTH using the haversine formula. CGLs are
calculated analogously by connecting neighboring cloud-free profiles. Due to the instruments
maximum horizontal resolution of approximately 200 m it is possible to resolve minimum CLs
and CGLs of 200 m. It should be mentioned that not the maximum CL and CGL of each
individual cloud or cloud gap, but the along-track length is derived. As a result, the amount
of small clouds and cloud gaps in this analysis may be overestimated.
4.2.1 Cloud fraction, cloud top heights, cloud lengths and cloud gap
lengths
A first indicator for differences in marine trade wind cloud occurrence is the cloud fraction CF.
During NARVAL-II a total number of 3.2 · 104 one second resolved cloud tops were detected
in trade wind regions (NCT (dust) = 8 · 103; NCT (nodust) = 2.4 · 104). They contribute to an
overall observed CF of 24 % within the measurement period. In dust-free regions a CF of 31 %
was derived, while in SAL-regions the observed CF was smaller by a factor of more than two
(14 %). In the winter season (NARVAL-I) an almost three times higher CF of 37 % is derived.
Another parameter that can indicate differences between the three regions is the distribution
of CTHs (Figure 4.5). In the SAL-regions only a small fraction of clouds exceeds an altitude
of 2 km and no cloud top is found at altitudes higher 2.5 km. The majority of CTHs (∼61 %)
is found within the altitude range from 0.5 km to 1.0 km in lower altitudes of the MBL-cloud
layer. 26 % of all detected CTHs are located in the 1.0 km to 1.5 km height interval and only
11 % of that fraction contribute to the interval from 1.5 km to 2.0 km altitude. Cloud tops in
altitudes higher than 2.5 km (including deeper reaching convection with maximum top heights
of 6 km) are found in ∼16 % of all dust-free cloud profiles. Below around 3 km altitude the
CTH-distribution shows a two-modal structure with two local maxima ranging from 0.5 km to
1.0 km (∼35 %) and 1.5 km to 2.0 km altitude (∼20 %). Several clouds were also detected in
the lowermost 0.5 km of the atmosphere (∼1 %).
In the dust-free winter season a shift of the distribution to higher altitudes is observed,
since most cloud tops were sampled in the interval from 2.0 km to 2.5 km altitude (∼39 %).
However, no cloud was observed in altitudes higher 3.5 km. This shift is most probably caused
by a slightly higher TWI in winter months as presented by Stevens et al. (2017). They
compared mean dropsonde-profiles of water vapor mixing ratio during NARVAL-I and II.
Nuijens et al. (2009) and Nuijens and Stevens (2012) claimed that high wind speeds
near surface correspond to an increase of boundary layer humidity leading to a deepening of
the cloud layer and increased area rainfall. This is also presented by Lonitz et al. (2015),
who used Large Eddy Simulations to show how increased humidity associated with observed
dusty boundary layers can change the evolution of the cloud layer. However, when comparing
boundary layer wind speed and humidity from dropsonde measurements in the two regimes,
no distinct differences can be observed. This supports the hypothesis that the stabilizing
effect due to radiative heating of the MBL in SAL-regions is the responsible mechanism for
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Figure 4.5: Histograms of detected CTH-fractions during NARVAL-I and II with bins of 0.5 km
size. Red bars illustrate the distribution of CTH-fractions in SAL-regions. Blue bars
represent the derived CTH distribution from measurements in the dust-free trades during
NARVAL-II. Grey bars show the derived CTH in the dust-free winter season during
NARVAL-I.
the observed differences in cloud fraction and cloud top height. Divergence measurements
during NARVAL-II discussed by Bony and Stevens (2019) and Stevens et al. (2019) also show
that dynamical properties between dust-laden and dust-free regions are different. They found
that in contrast to dusty regions the MBL vertical motion in the dust-free region is directed
upwards and would therefore promote the evolution of clouds.
It was shown that the SAL radiative heating can suppress vertical mixing processes and
the evolution of convection in the MBL. Hence, suppressed cloud development must also be
reflected in CL and CGL-distributions of marine trade wind clouds in SAL-regions and mineral
dust-free regions (Figure 4.6). A total of 3688 and 2355 clouds were observed in dust-free
and dust-laden regions during NARVAL-II and 5010 clouds were detected during NARVAL-I
in dust-free winter. In all three samples clouds with horizontal extents of less than 0.5 km are
by far the most numerous ones. Whereas 72 % of all clouds in SAL-regions are of this length,
65 % of all clouds detected in the clear summer trades and 61 % of all clouds detected in the
clear winter trades contribute to this length-interval. Both regions show a decreasing trend
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Figure 4.6: Histograms of detected CLs (top) and CGLs (bottom). Red bars illustrate the distri-
bution of CLs and CGLs of marine low clouds located below Saharan dust layers. Blue
bars represent the distribution derived from measurements in the dust-free trades dur-
ing NARVAL-II. Grey bars show the derived distribution in the dust-free winter season
during NARVAL-I.
in frequency of CL-occurrence for lengths of up to 5 km. Relative frequency drops to 17 %
(dust-laden), 16 % (dust-free) and 16 % (NARVAL-I) in the length interval 0.5 km to 1.0 km.
Only 5 % of all clouds in dusty regions are observed to have a horizontal extent greater than
2.0 km. This fraction almost doubles to 9 % in dust-free regions and in winter months. The
main contributor to this fraction are clouds with horizontal extents of more than 5 km (4 and
5 %). Clouds of this length are basically only found outside dust-laden regions.
Similar to the distribution of CLs, also CGL-frequencies decrease with increasing CGL
(Figure 4.6, right). In all three regimes cloud gaps shorter 0.5 km are dominating. They
contribute with 45 % and 35 % to the total amount of observed cloud gaps in dust-free and
dust-laden regions during NARVAL-II and with even 48 % in winter months. A different picture
emerges, when looking at the amount of CGLs greater than 5 km. A fraction of 17 % is found
to be greater than 5 km below dust layers, whereas in dust-free regions and in winter months
these gap sizes contribute with 12 % and 14 % to the distribution. CGL-fractions in range bins
from 1.5 km to 4.5 km decrease in both regions consistently with increasing CGL.
The statistical significance of observed differences in all shown distributions (i.e. of CTHs,
CLs and CGLs) was checked by randomly resampling the respective data sets to smaller
sub-sets and by comparing the shapes of the resulting distributions to the shape of the overall
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distributions. The shapes of the resampled distributions showed no major differences compared
to the overall distributions. Thus it can be concluded that NARVAL-measurements indicate
the presence of less, shallower and smaller clouds in Saharan dust-laden trade wind regions
compared to dust-free regions.
This work for the first time investigated shallow marine cloud macrophysical properties
using highly resolved airborne measurements in both dust-laden and dust-free subtropical
regions. The structure of subtropical marine cloudiness has already been a focus of prior remote
sensing studies (e.g. Nuijens et al., 2009; Medeiros et al., 2010; Siebert et al., 2013; Nuijens
et al., 2014). Satellite measurements are the major source for retrieving cloud-macrophysical
properties, as they provide long-term measurements with nearly global coverage. However,
the major drawback of satellite measurements is their coarse spatial resolution. Since most
shallow marine clouds do only extend over a few hundred meters, their sensitivity is simply too
low to detect them with high resolution. As a consequence, prior studies that concentrated
on shallow marine cloud statistics rather focused on long-term and large-scale observations
of marine clouds, e.g. low-level boundary layer cloud cover in the subtropical winter months
(Medeiros et al., 2010). Furthermore, these studies did not distinguish between dusty and
dust-free trade wind regimes.
4.2.2 Connecting the properties of Saharan air layers and subjacent
clouds
In a model study by Wong and Dessler (2005) it was claimed that the convection barrier
increases with SAL aerosol optical depth. To investigate a possible relation between SAL
optical depth or layer vertical extent and marine trade wind CTH and CF, their distributions
are analyzed as a function of SAL vertical extent and optical depth of overlying mineral dust
layers (∆zSAL and τSAL(532); Figure 4.7). CFs and CTHs in dust-flagged profiles of all four
research flights are grouped together with respect to similar ∆zSAL (bin width: 0.2 km) and
τSAL(532) (bin width: 0.015). During NARVAL-II SALs with maximum vertical extents of 4 km
and maximum optical depths of 0.4 were observed (Figure 3.2). However, below optically
thick dust layers (τSAL(532) > 0.24; zSAL > 3.8 km) not any cloud has been detected.
The distribution of CTH as a function of ∆zSAL shows that up to a layer thickness of
1.8 km mean CTH decreases with increasing ∆zSAL from 1.4 km to 0.8 km altitude. For a
greater layer thickness (∆zSAL > 1.8 km) this trend is not evident anymore. A further increase
in ∆zSAL does not imply a significant decrease in mean CTH - in some bin-intervals the mean
CTH even increases slightly. Mean CTHs vary strongly below vertically thin dust layers (σ=
0.5 km) - an indication for the presence of both shallow developing convective clouds and
higher reaching trade wind clouds within the MBL. With increasing ∆zSAL the variability of
mean CTH decreases and reduces to σ < 0.2 km for ∆zSAL < 3 km. This suggests that
the cloud layer indeed lowers and that the few evolving clouds are confined to low levels of
the MBL. The CF-distribution as a function of ∆zSAL does not show any distinct trend for
geometrically thin layers. For ∆zSAL < 1 km CF takes values around 20 % - only slightly
lower values than the CF derived from measurements in dust-free regions. For vertical extents


































































Figure 4.7: (a) Mean CTHs (middle) and CF (bottom) of clouds detected below Saharan dust layers
as a function of Saharan dust layer vertical extent (∆zSAL) - bin-interval: 0.2 km, (b)
Mean CTHs (middle) and CF (bottom) of clouds detected below Saharan dust layers
as a function of Saharan dust layer optical depth (τSAL(532)) at 532 nm wavelength -
bin-interval: 0.015. Bars mark respective standard deviations of mean CTHs (1σ). The
uppermost graphs in (a) and (b) illustrate summed measurement-times in each interval.
ranging from 1 km < ∆zSAL < 2.6 km no clear decrease in CF is detected. In this range CF
varies around 15 % and even increases slightly. A clear decreasing trend of CF with increasing
∆zSAL is obvious only for ∆zSAL > 2.6 km.
Next, the CTH distribution as a function of dust layer optical depth τSAL(532) is analyzed.
Up to a value of τSAL(532) ∼ 0.05 the mean CTH decreases with increasing optical depth of
the aerosol layer. The mean CTH drops from ∼1.3 km to ∼1.0 km in this region. A further
increase of τSAL(532) to a value of about 0.12 does not show any further decrease in mean CTH.
This is in line with the observed decrease in CF as a function of τSAL(532) in this range. The
observed CF increases slightly from 15 % to 20 % for small SAL-optical depths (τSAL(532) <
0.12). At the upper tail of the distribution (0.12 < τSAL(532)) the mean CTH as well as the CF
decrease again. CFs shows a steady decrease of about 20 % in the range from τSAL(532) = 0.12
to 0.24. Moreover, the variability of mean CTH in that range gets smaller, again indicating
that higher-reaching convection is suppressed.
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For the interpretation of these distributions the accumulated measurement-time in the
respective intervals as well as the contribution of different research flights have to be taken
into account. Mainly data collected in the course of RF3 contributes to SAL-measurements in
the ranges 0.09< τSAL(532) <0.24 and 2 km< ∆zSAL <4 km (Figure 3.2), thus being the main
contributor to observed increases of mean CTH and CF in regions of high τSAL(532) and ∆zSAL.
The remaining research flights (RF2, RF4 and RF6), were characterized by thinner dust layers
that were rather decoupled from the MBL and contribute to regions of small τSAL(532) and
∆zSAL.
Altogether, a decreasing trend of CTH and CF as a function of dust layer optical depth and
vertical extent was detected during research flights over elevated and long-range-transported
SALs. However, RF3 showed a predominant and strongly pronounced transition layer that
possibly altered the cloud layer resulting in an increased CF and CTH in the respective intervals
of τSAL(532) and ∆zSAL.
Chapter 5
Summary and Outlook
5.1 Summary of results
Lidar data sets collected during the NARVAL-II field campaign contributed to a better un-
derstanding of long-range-transported SALs, their radiative effects and their implications for
atmospheric stability as well as cloud development. By combining airborne HSRL and water
vapor DIAL measurements it was possible to identify typical characteristics of long-range-
transported SALs. This has also been addressed in research question (R1) in Section 1.4:
(R1) What are typical optical and meteorological characteristics of long-range-
transported SALs?
In the framework of the NARVAL-II field campaign upstream the Caribbean islands it was
possible to take measurements of meteorological and microphysical parameters of several long-
range-transported SALs within a set of 4 research flights. All layers traveled for 5 to 10 days
over the Atlantic Ocean and showed maximum dust particle mass concentrations of up to
120µg m−3. Their maximum vertical extents as well as layer optical thicknesses varied from
1 km to 4 km and 0.1 to 0.4. All observed SALs showed characteristic values of δp(532) for
transported Saharan mineral dust (≈0.3).
Differences in vertical profiles of meteorological properties between subtropical regions
comprising elevated SALs and regions free of elevated SALs were studied by means of a
dropsonde analysis during RF6. In SAL regions a three-layer-structure consisting of the MBL,
a transition layer and the SAL was observed. Consequently, SAL-regimes were characterized
by three inversions in the lower troposphere: the two bounding inversions of the SAL and
the TWI. In contrast, only the TWI was present in regions without SALs. The interior of
all observed SALs showed nearly constant potential temperature - an indicator for neutral
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stratification and vertical mixing.
The main finding of this analysis were enhanced water vapor concentrations (≈ 4 g kg−1)
inside the observed SALs compared to the surrounding atmosphere. It was shown that these
enhanced concentrations can be retraced to the origin of transport. This finding suggests that
already during dust mobilization at the beginning of transport SALs get moistened. Water
vapor represents the Earth’s strongest greenhouse gas. Therefore, it also has a great impact
on the radiation budget. The second research question addressed the need for a better un-
derstanding of the radiative effects of long-range-transported SALs and also aimed at a better
understanding of the role of water vapor for atmospheric radiative heating (R2):
(R2) What are the radiative effects of long-range-transported SALs?
To answer this second question, radiative transfer simulations with WALES lidar input data
were performed. Calculated radiative effects of long-range-transported SALs at surface level
and top of the atmosphere revealed that maximum short-wave radiative effects of -40 W m−2
(surface) and 25 W m−2 (TOA) are found at intermediate zenith angles. These numbers fit
well to findings from other studies.
NARVAL-II lidar data were also used to quantify atmospheric heating rates. It was found
that water vapor plays the dominant role for atmospheric heating rates in SAL-altitudes.
Compared to water vapor, dust aerosol was identified to have a minor effect on total heating
rates in SAL-altitudes. Only small positive maximum dust aerosol heating rates of 0.3 to
0.5 K d−1 in the short-wave and slightly negative maximum cooling rates of -0.1 to -0.2 K d−1
in the long-wave spectrum were found at altitudes of highest aerosol mass concentration.
Water vapor, however, was found to contribute much stronger to total SAL-heating with
maximum short-wave and long-wave heating rates of 1.8 to 2.2 K d−1 and -6 K d−1 to -7 K d−1
at the uppermost levels of the SAL. As a result, calculated net heating rates inside SALs
are entirely negative and decrease with altitude. The impact of SAL-water vapor on radiative
heating highlights the necessity of a correct vertical parametrization of water vapor in radiative
transfer simulations.
Radiative heating of atmospheric layers can have an effect on atmospheric stability not
only in the heated layer itself, but also on surrounding atmospheric layers like the MBL. A
further reaching research question concerning the radiative effects on atmospheric stability has
been posed in (R3) and was discussed in the framework of this thesis:
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(R3) How can SAL-radiative properties impact atmospheric stability?
Radiative transfer calculations have shown that water vapor radiative cooling in SAL-altitudes
strengthens with height. As a consequence, vertical mixing - which counteracts particle set-
tling processes - is promoted inside the SAL. Dropsonde measurements have also confirmed
the well-mixed and neutrally stratified layering inside the observed SALs during NARVAL-II
(Θ = constant). Overall, radiative effects of water vapor can explain why super-micron par-
ticles with diameters greater than 7µm remain inside the SAL during transatlantic transport
and do not settle towards the surface as predicted from Stokes gravitational settling theory.
SALs were also found to have a possible impact on cloud development in the MBL since
they introduce additional atmospheric counter-radiation towards the top of the MBL. As a
result, MBL tops in dust-laden regions do not experience as much cooling as in SAL-free
regions. This is also indicated by the heating rate profile in SAL-regions which is increasing
with altitude and therefore counteracts the development of convection in the MBL.
Whether these effects are leading to differences in cloud macrophysical properties of shallow
marine clouds (i.e. CFs, CTHs, CLs and CGLs) or not was addressed in the final research
question of this thesis (R4):
(R4) Do SALs have an effect on shallow marine cloud occurrence and cloud
macrophysical properties (i.e. cloud top heights, cloud lengths and cloud
gap lengths)?
To answer these research questions a comparison of marine low cloud macrophysical properties
in dust-laden and dust-free trade wind regimes was conducted. Significant differences in the
CTH-distribution as well as in the CL-distribution and CGL-distribution were found for flights
in SAL-regions compared to the distributions derived from flights in dust-free regions. It can be
summarized that during times with SALs less, shallower (CTHs < 2.5 km) and smaller clouds
were present than during times without SALs. The overall derived CF in the dust-laden trade
wind summer regime was 14 % and thus a factor of two smaller than the CF of 31 % and 37 %
derived from observations in the dust-free regime and the winter season.
To investigate a possible relation between SAL optical depth or layer vertical extent and
marine trade wind CTH, the CTH- and CF-distribution was analyzed as a function of SAL
vertical extent and optical depth. It was found that mean CTH decreased with increasing layer
vertical extent for vertically thin layers (< 1.5 km). Additionally, the mean CTH-variability for
these layers was high, indicating the occurrence of higher-reaching clouds in those regions.
There was no significant decrease of mean CTH for thicker dust layers, but a reduction of
CTH-variability could be derived. Also a decrease in mean CTH-variability with increasing dust
layer optical thickness starting at τSAL(532) ≈ 1.2 could be detected. Moreover, a decrease in
CF came along with this reduction in variability of the mean CTH. Below optically thick dust
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layers with τSAL(532) > 0.24 no cloud was detected. These results indicate that optically and
vertically thick elevated Saharan dust layers have a greater suppressing effect on convection
below than optically and vertically thin layers.
5.2 Outlook and open questions
During NARVAL-II, the majority of mineral dust particles was located inside an elevated SAL
above the MBL. However, during previous field campaigns it was observed that the vertical
distribution of long-range-transported mineral dust can be highly variable (e.g. Reid, 2002).
For example, during the Puerto RIco Dust Experiment (PRIDE) in summer 2000 the majority
of dust was in some cases observed to be located at lower atmospheric levels and in other cases
it was observed to be located in an elevated layer. A distinct seasonal pattern of Saharan dust
transport towards the Atlantic Ocean was already found by Chiapello et al. (1995), who studied
the vertical distribution of mineral dust particles at the beginning of long-range transport at
the Cape Verde islands. They found that in contrast to the summer months, wintertime
dust-transport towards the Atlantic Ocean is mainly taking place at lower atmospheric levels.
When the majority of Saharan dust particles is transported at low atmospheric levels and
when dust particles are not well separated from the MBL (as it was the case during NARVAL-II),
many further research questions arise: How do mineral dust particles modify boundary layer
cloudiness when they are transported at lower atmospheric levels and not in elevated layers?
Can changes in cloud macrophysical properties be observed? Do these particles act as CCNs
(like proposed by e.g. Karydis et al., 2011; Bègue et al., 2015) and modify cloud microphysics
at low atmospheric levels? Could this have an effect on precipitation? As mineral dust particles
are known to be good INPs (e.g. Seifert et al., 2010; Hoose and Möhler, 2012; DeMott et al.,
2015; Villanueva et al., 2020) - do higher reaching clouds in a dusty atmosphere have a
more pronounced ice phase than in a dust-free atmosphere? Moreover, questions regarding
the reasons for variable vertical distributions of mineral dust and whether there is a certain
seasonal pattern in their vertical distribution not only at the beginning but also throughout
the long-range dust transport should be answered in the framework of future studies.
Another unanswered research question is how the SAL gets moistened. Analyzing backward
trajectories in more detail and focusing on measurements of moisture fluxes at dust source
regions could contribute to a better understanding of this research objective. It should also be
investigated to what extent upwelling fluxes from sea surface and from land surfaces contribute
to SAL-moistening. Possible entrainment processes of moisture between the SAL and SABL
and adjacent layers should also be identified.
Data during future field campaigns should also contribute to a better understanding of a
possible seasonal variability in the transport of SAL-moisture. Radiative transfer calculations
should be performed for data sets during the subtropical winter season and should also be
compared to the results of this work which concentrated on the summer season. Moreover,





AEJ African Easterly Jet
AEW African Easterly Wave
AERONET AErosol RObotic NETwork
ALADIN Atmospheric LAser Doppler INstrument
APD Avalanche PhotoDiodes
ATLID ATmospheric LIDar
BOMEX Barbados Oceanographic and MEteorological EXperiment
BRDF Bidirectional Reflectance Distribution Function
BS Beam Splitter
CALIOP Cloud-Aerosol LIdar with Orthogonal Polarization
CALIPSO Cloud-Aerosol LIdar and Pathfinder Satellite Observations
CPR Cloud Profiling Radar
CCN Cloud Condensation Nuclei
CF Cloud Fraction
CL Cloud Length
CGL Cloud Gap Length
CH4 Methane
CO2 Carbon Dioxide
CTH Cloud Top Height
DAC Data Acquisition Computer
DBS Dielectric Beam Splitter
DFB laser Distributed FeedBack laser
DIAL DIfferential Absorption Lidar
DISORT solver DIscrete ORdinate Radiative Transfer solver
DLR Deutsches Zentrum für Luft- und Raumfahrt
EarthCARE Earth Clouds, Aerosols and Radiation Explorer
EDMO ICAO-Code for the Airport Oberpfaffenhofen
ERFaci Effective Radiative Forcing due to aerosol-cloud interactions
EUCAARI-LONGREX EUropean integrated project on aerosol Cloud climate And AiR quality Interactions
- LONG-Range EXperiment
EUREC4A ElUcidating the RolE of Clouds-Circulation Coupling in ClimAte
FWHM Full Width at Half Maximum
GARP Global Atmospheric Research Program
GATE GARP Atlantic Tropical Experiment
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Abbreviation Explanation
GDAS Global Data Assimilation System
GEOS-5 NASA Goddard Earth Observing System Model-5
GOCART Goddard Chemistry Aerosol Radiation and Transport Model





HALO High Altitude and LOng range research aircraft
HAMP HALO Microwave Package
HSRL High Spectral Resolution Lidar
HYSPLIT HYbrid Single Particle Lagrangian Integrated Trajectory model
ICAO International Civil Aviation Organization
INP Ice-Nucleating Particle
IPCC AR5 5th Assessment Report of the Intergovernmental Panel on Climate Change
ITCZ Inter-Tropical Convergence Zone
J2-Cell Iodine Cell
KTP/KTiOPO4 Potassium Titanyl Phosphate
LACE Lindenberg Aerosol Characterization Experiment
libRadtran library for Radiative transfer software package
lidar LIght Detection And Ranging
LW Long-Wave radiation (2.5-100.0µm)
MBL Marine Boundary Layer
MERLIN MEthane Remote sensing LIdar missioN
MODIS MODerate resolution Imaging Spectroradiometer
NARVAL Next-generation Aircraft Remote-sensing for VALidation studies
NCEP National Center for Environmental Prediction






OPAC Optical Properties of Aerosol and Clouds software package
OPO Optical Parametric Oscillator
PBSC Polarizing BeamSplitter Cube
PM Photo-Multiplier
PRIDE Puerto RIco Dust Experiment
RF Research Flight
RTE Radiative Transfer Equation
SABL Saharan Atmospheric Boundary Layer
SAL Saharan Air Layer
SALTRACE Saharan Aerosol Long-range TRansport and Aerosol-Cloud-interaction Experiment
SAMUM Saharan Mineral dUst experiMent
SHG Second Harmonic Generator
SHL Saharan Heat Low
SMART Spectral Modular Airborne Radiation measurement sysTem
SO2 Sulfur Dioxide
specMACS spectrometer of the Munich Aerosol Cloud Scanner
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Abbreviation Explanation
SUR SURface
SW Short-Wave radiation (0.12-4.00µm)
TOA Top-Of-Atmosphere
TWI Trade Wind Inversion
TBPB ICAO-Code for the Grantley Adams International Airport
UTC Coordinated Universal Time
WALES WAter vapor Lidar Experiment in Space
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List of Symbols
Symbol Meaning Unit
A area of telescope m2
α extinction coefficient m−1
α⊥ cross polarized component of the extinction coefficient m−1
α‖ parallel polarized component of the extinction coefficient m−1
αabs extinction due to absorption m−1
αm molecular extinction coefficient m−1
αp particle extinction coefficient m−1
αscat extinction due to scattering m−1
β backscatter coefficient m−1 sr−1
β′ volume scattering cross section m−1 or m2m−3
βm molecular backscatter coefficient m−1 sr−1
βoff backscatter coefficient of offline wavelength (DIAL) m−1 sr−1
βon backscatter coefficient of online wavelength (DIAL) m−1 sr−1
βp particle backscatter coefficient m−1 sr−1
βp⊥ cross polarized component of the particle backscatter coefficient m−1 sr−1
βp‖ parallel polarized component of the particle backscatter coefficient m−1 sr−1
βtot total backscatter coefficient in a HSRL setup m−1 sr−1
c speed of light m s−1
C system constant of the lidar system m3 sr
cm particle mass concentration µg m−3
Cm system constant of the HSRL channel which detects the molecular signal m3 sr
Coff system constant of the offline DIAL channel m3 sr
Con system constant of the online DIAL channel m3 sr
C⊥ system constant of the cross polarized channel m3 sr
C‖ system constant of the parallel polarized channel m3 sr
cp specific heat capacity J kg−1 K−1
Ctot system constant of the HSRL channel which detects the total signal m3 sr
cv aerosol volume fraction
CTHfrac cloud top height fraction
Ddust arbitrary coefficient used for calculations in Section 2.4.2 sr
Dmarine arbitrary coefficient used for calculations in Section 2.4.2 sr
δ? signal ratio
δm volume linear depolarization ratio for air molecules
δp particle linear depolarization ratio
δv volume linear depolarization ratio
∆R range resolution m
∆zSAL vertical extent of the Saharan air layer m
E↓ downwelling irradiance W m−2
E↑ upwelling irradiace W m−2
φ angle between the plane of the PBSC and the plane of the laser beam rad
F ↓ downwelling radiative flux W
F ↑ upwelling radiative flux W
Fnet radiative flux W
g gravitational acceleration of the Earth m s−2
I radiance W m2sr − 1
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Symbol Meaning Unit
It intensity of emitted laser light at distance r W m2
Ir intensity of received light at telescope W m2
λoff offline wavelength in a DIAL setup m
λon online wavelength in a DIAL setup m
Lν(T ) Planck function W m2sr − 1
N2 squared Brunt-Väisälä frequency s−2
NCT number of detected cloud tops
νdust factor for conversion of dust aerosol extinction to mass concentration m
νmarine factor for conversion of marine aerosol extinction to mass concentration m
Ω solid angle sr
ω0 single scattering albedo
P probability
P⊥ cross polarized component of the light power W
P‖ parallel polarized component of the light power W
P0 power of emitted laser pulse W
P0[off ] power of emitted offline laser pulse (DIAL) W
P0[on] power of emitted online laser pulse (DIAL) W
Pm molecular part of power received by the telescope of a HSRL system W
P phase function
Pm Rayleigh phase function
Pp light power parallel to the incident plane of the PBSC W
PR reflected power component by the PBSC W
Ps light power perpendicular to the incident plane of the PBSC W
PT transmitted power component by the PBSC W
Ptel power received from lidar telescope W
Ptot total power received by a telescope of a HSRL system W
PV power of scattered light from illuminated volume W
r distance or radius
R backscatter ratio
ρair density of air kg m−3
ρdust particle density of dust g cm−3
ρmarine particle density of marine aerosol g cm−3
rm water vapor mass mixing ratio g kg−1
RP PBSC-reflectance for parallel polarized light
RS PBSC-reflectance for perpendicular polarized light
RESUR radiative effect at surface level W m−2
RETOA radiative effect at top of the atmosphere W m−2
RH relative humidity
Ri Richardson number
s distance (radiative transfer) m
S flow shear s−2
σ standard deviation
σscat molecular scattering cross section (DIAL) m2
σabs molecular absorption cross section (DIAL) m2
Sm molecular lidar ratio sr
Sp particle lidar ratio sr
sza solar zenith angle ◦
T temperature K
t time s
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Symbol Meaning Unit
t0 time at emission of laser pulse s
TP PBSC-transmittance for parallel polarized light
tr preset time-interval for photon count s
TS PBSC-transmittance for perpendicular polarized light
τ aerosol optical depth
τL length of laser pulse s
τSAL Saharan air layer aerosol optical depth
τtot aerosol optical depth from aircraft to ground level
θ laser beam divergence rad
Θ potential temperature K
Θe equivalent potential temperature K
u wind speed m s−2
u wind component in east direction m s−2
v wind component in north direction m s−2
V volume m3
V? relative amplification factor
VR receivers optical loss and electronic amplification (reflected channel of
PBSC)
VT receivers optical loss and electronic amplification (reflected channel of
PBSC)
wdir wind direction ◦
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Bègue, N., P. Tulet, J. Pelon, B. Aouizerats, A. Berger, and A. Schwarzenboeck, 2015: Aerosol
processing and CCN formation of an intense Saharan dust plume during the EUCAARI 2008
campaign. Atmos. Chem. Phys., 15 (6), 3497–3516, doi:10.5194/acp-15-3497-2015.
Behrendt, A., and T. Nakamura, 2002: Calculation of the calibration constant of polarization lidar
and its dependency on atmospheric temperature. Opt. Express, 10 (16), 805, doi:10.1364/oe.10.
000805.
92 BIBLIOGRAPHY
Bellouin, N., O. Boucher, M. Vesperini, and D. Tanré, 2004: Estimating the direct aerosol radiative
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